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Geophysical perspectives of subglacial settings and their influence on glacial dynamics  
Adrienne E. Block 
The subglacial settings of glaciers  and continental ice sheets serve as a fundamental, long term 
control on the dynamics of the ice but are also obscured by the great thickness of the  ice. 
Integrated analysis of geophysical datasets is a fundamental tool for understanding a glacier's 
underpinnings. Using a combination of gravity, magnetic, radar and surface elevation data, we 
examine the relationship between the ice and its subglacial setting in three chapters that address 
the question on varying scales. The first explores the Gamburtsev Subglacial Mountains, a region 
of high topography in the center of East Antarctica. This range is thought to be the nucleation site 
of the East Antarctic Ice Sheet despite the lack of evidence to constrain its age. The geophysical 
data suggest a crustal architecture which, when compared with global mountain ranges, provides 
insight to the age and origin of the Gamburtsev Subglacial Mountains. We conclude that the 
mountains are over crust that was thickened in the Precambrian but have been been reactivated, 
creating their high modern relief. In the second chapter, we explore the Recovery Ice Stream in 
East Antarctica. Here the onset of fast flow is more than 500 km in the ice sheet interior and is 
thought to be linked to periodic drainages from four large Recovery Lakes. Using new 
aerogeophysical data in the region, we uncover two tectonic boundaries that each play a key role 
in the dynamics of the ice stream. The inland boundary limits the catchment of the lakes and 
their potential for frequent flood events. The second boundary is a transition from rugged 
bedrock to smooth, low-lying sediments. We conclude that the basal sediments facilitate fast 
flow independent of water input from the large Recovery Lakes. In the third and final chapter, we 
examine Jakobshavn Isbrae, West Greenland, the fastest moving non-surge glacier. Since the loss 
of its floating ice tongue beginning in 1998, this glacier has accelerated and now maintains fast 
flow speeds throughout the year. The glacier has a known subglacial trough and high driving 
stresses but even these optimal conditions cannot explain the late summer velocities. We find that 
the geophysical signals in the Jakobshavn Isbrae region require more geophysical contrasts than 
the coastal outcrops suggest. Specifically, we interpret a trough-centered gravity low as evidence 
of sediments underlying the radar-detected trough. These sediments facilitate fast flow by 
reducing basal resistance. Though Jakobshavn Isbrae is a glaciological endmember, its fate is 
linked to the underlying geology and best demonstrates the need for continued aerogeophysical 
survey to constrain subglacial settings. Understanding conditions at the bed is fundamental to 
understanding the state and fate of the planet's ice. 
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Much of polar science is motivated by modern observations of change or seeks to 
understand the extremes of the polar environment, a theme since Weyprecht laid the framework 
of the first International Polar Year of 1882-83 (IPY, 2007). Ongoing observations remind us that 
the global ice sheets are not fixed features, but are varying through time and space. A key 
uncertainty in predicting the future of the global ocean-climate system is the varying dynamics of 
ice streams and corresponding fluctuations in their contribution to sea level (Lemke et al., 2007, 
Rignot et al., 2011). Antarctica has been covered by continental scale glaciers since ~34 Mya 
(Zachos et al., 2001 and references therein). This dynamic body of ice is underlain by diverse 
geology that mainly outcrops along the coast but influences ice sheet dynamics even in places 
where it remains unseen. Beneath the ice are many interior subglacial lakes, located within larger 
subglacial basins that have the potential to influence ice flow (Dowdeswell and Siegert, 2002; 
Studinger et al., 2003). The Greenland Ice Sheet is the remnant titan of once widespread northern 
hemisphere glaciation that began around ~3.2 Mya (Zachos et al., 2001 and references therein). 
The underlying Greenland landmass is a Precambrian craton that has a bowl shape developed in 
response to isostatic loading of the ice. Here, the interior lacks large subglacial lakes but the 
marginal ice is dotted by supraglacial meltwater streams and ponds that drain and reach the bed 
(Shreve, 1972; Das et al., 2008), potentially altering basal conditions and contributing to fast 
flow (Shreve, 1972). 
These continental blankets of ice may hide the underlying bedrock but the dynamics of 
the ice indicate the importance of understanding conditions at the bed. This is demonstrated at a 
grand scale by the contrasts between East and West Antarctica. East Antarctica is topographically 
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high-seated on old crust with little indication of thermal anomalies (Ritzwoller et al., 2001; Fox 
Maule et al., 2005) while West Antarctica is an assemblage of crustal blocks (Dalziel and Elliot, 
1982) surrounding an active continental rift system with elevated heat flux (Ritzwoller et al., 
2001; Fox Maule et al., 2005) and topography well below sea level. In recent years, the East 
Antarctic Ice Sheet has maintained a small positive mass balance (Davis et al., 2005; Wingham 
et al., 2006) despite evidence for accelerating mass loss from both West Antarctica and the 
Greenland Ice Sheet (Velicogna, 2009; Rignot et al., 2011). Our knowledge of the geologic 
underpinnings of glaciated continents relies heavily on geophysical techniques that allow the 
characterization of ice thickness and  modeling of the underlying geology. Since the International 
Geophysical Year of 1958, one goal of polar geophysical research has been to understand what is 
hidden by the ice in order to better understand observations at the surface. This work has that 
same motivation but is furthered by the prevalence of satellite and remote sensed data. Satellite 
data acquisition allows continental-scale measures of ice surface velocities (i.e. Rignot and 
Kanagaratnam, 2006; Joughin et al., 2008) and ice sheet mass balance (i.e. Rignot et al., 2002; 
Wingham et al., 2006; Velicogna, 2009)  as well as a detailed view of localized changes in 
response to water transport (i.e. Fricker et al., 2007; Stearns et al., 2008; Smith et al., 2009).  
During the International Polar Year of 2007-8, six themes were developed to guide polar 
research including status, change and global linkage. Each of these themes motivated and are 
addressed by portions of the work compiled in this dissertation. The theme of status incorporates 
understanding polar settings and present-day processes. Change incorporates understanding the 
potential for ice mass changes and sea level fluctuations. The input of ice into the ocean creates a 
global linkage between the poles (IPY, 2007). Integrating the tools of geophysics and remote 
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sensing helps us understand the status of basal conditions and their ability to facilitate, inhibit or 
modulate observed change in the overlying ice.  
Chapter 1 addresses the longstanding question of the origin of the Gamburtsev Subglacial 
Mountains using satellite gravity coverage of the southern continent. The mystery surrounding 
the Gamburtsev Subglacial Mountain range is twofold. 1) How, based on our model of 
continental plate tectonics, do you build a major continental massif in the middle of a craton? 2) 
What role did this elevated topography play in the nucleation of Antarctica's continental ice 
sheets? Some models suggest the Gamburtsev Subglacial Mountains as a nucleation site for 
continental-scale glaciers that quickly enveloped the Antarctic landmass. Yet its age and origin 
are still in question. 
We use satellite gravity data from the Gravity Recovery and Climate Experiment 
(GRACE) to model the crustal thickness of Antarctica. Before the launch of the GRACE 
mission, much of the Antarctic lacked even coarse resolution gravity data. The polar orbit of 
GRACE offers complete continental coverage every 68 days (Tapley et al., 2007). The long 
wavelength signals in the satellite gravity data are ideal for exploring crustal structure which 
gives some insight to the architecture and age of this mountain range that underpins the middle 
of the East Antarctic Ice Sheet. 
Chapter 2 explores a proposed linkage between subglacial lakes at the head of the 
Recovery Ice Stream and the onset of fast flow. Subglacial lakes store water and thermal energy 
at the base of the ice that can be released in periodic and possibly, catastrophic drainages 
(Fowler, 1999, Evatt et al., 2006). Catastrophic release of cold fresh water may impact ocean 
circulation. Subglacial floods have been posited as the source of a climate cooling 8,200 years 
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before present (Alley et al., 1997, Clarke et al., 2004) and may be related to cyclic Dansgaard-
Oeschger climate fluctuations (Evatt et al., 2006 and references therein). The largest subglacial 
lakes seem to be fixed features that are geologically controlled (Studinger et al., 2003; Bell et al., 
2006; Bell et al., 2007). We seek to understand their geologic setting, their hydrologic status and 
the nature of their drainage events in order to better constrain their role in present and future ice 
dynamics. 
We examine the setting and status of the Recovery Lakes which are four large subglacial 
lakes at the head of the Recovery Ice Stream. New constraints on ice thickness, bed topography 
and bed conditions in this little explored region of East Antarctica are integrated with satellite-
derived surface velocities, altimetry and imagery. We find that the proposed mechanisms of 
periodic catastrophic drainage and basal accretion are not dominant influences on the ice stream 
because the lakes are only capable of very infrequent floods. The geophysical data suggest 
geology changes just upstream of the lakes creating the following conditions that are more 
favorable for fast flow: thicker ice, a smoother bed, and lower basal shear stress due to the 
presence of basal sediments. The underlying geology is the fundamental control on the ice 
stream. 
In Chapter 3, geophysical data are used to explore the world's fastest moving non-surge 
glacier, Jakobshavn Isbrae in West Greenland. Repeat satellite observations show that after years 
of thickening, Jakobshavn Isbrae thinned and began accelerating in 1998 (Joughin et al., 2008). 
For the preceding 100 years, systematic retreat had characterized the glacier's status (Joughin et 
al., 2004). The loss of the floating ice tongue increased the rate of retreat and the velocity of the 
glacier for more than 60 km inland (Joughin et al., 2008). Observations of Holland et al., (2008) 
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suggest that the loss of the ice tongue, and therefore subsequent acceleration, were triggered by 
an intrusion of warmer intermediate waters into the fjord. Jakobshavn Isbrae is a major 
contributor to global sea level rise over the past 150 years (IPCC, 2007); both the cause of its 
acceleration and the potential effect are directly linked to changes in the global ocean. To 
understand its potential for change, we must understand the drivers of this dynamic system. 
Using airborne geophysical data, we explore the geology of the Jakobshavn Isbrae 
drainage area and the potential mechanisms for fast flow. We find that the geology surrounding 
Jakobshavn Isbrae is more diverse than suggested by coastal outcrops, which are generally 
Precambrian granites (GEUS, 2009). Specifically, we infer that the bedrock on the north side of 
the fjord is distinct from the bedrock on the south side. After accounting for the north-south 
geology contrast, we find there is a gravity low along the trough that is best explained by a 
sediment wedge up to 1600 m thick. This sediment forms a weak bed with little resistance to 
flow, allowing the glacier to attain the high speeds observed today. Although Jakobshavn Isbrae 
is a combination of glaciological extremes that enhance flow, its behavior is strongly linked to 
the underlying geology and therefore better understood through geophysical analysis. 
While this work addresses many longstanding questions, it also causes new ones to 
emerge such as: What other crustal provinces comprise glaciated continents? How do these 
provinces re-route basal meltwater? Is the subglacial hydrology of the ice sheet interior linked to 
the hydrologic activity observed at the coast? How quickly can a continent be deglaciated 
through narrow outlet glaciers and ice streams? How does the delivery of ice to the global ocean 
impact ocean circulation and, likewise, how does ocean circulation impact the rate of delivery of 
ice to the ocean? 
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Given the scope of these questions, it follows that geophysical exploration will remain an 
important tool for understanding our poles, and thereby, our planet. It has been a remarkable 
journey of learning so far and I anticipate an equally revelatory future. 
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Chapter 1: Antarctic Crustal Thickness from Satellite Gravity: implications for the 
Transantarctic and Gamburtsev Subglacial Mountains
A. Block, R. Bell and M. Studinger













The Relative Role of the Recovery Lakes and Subglacial Geology in the Onset 
and Maintenance of  Recovery Ice Stream Fast Flow
Adrienne E. Block and Robin Bell
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Abstract 
This work addresses if the  Recovery Lakes, at the head of the Recovery Ice Stream, are 
linked to the spatial onset and maintenance of fast flow. New airborne radar, laser, magnetics and 
gravity data, integrated with surface imagery, delineate three distinct regions within the Recovery 
Ice Stream catchment. Each region has a characteristic ice surface and bed topography. Near 
Dome A, ice with low surface slope typical of the ice divide overlies the foothills of the 
Gamburtsev Subglacial Mountains. The ice surface steepens coincident with  a ~200 km wide 
field of megadunes that is underlain by the elevated and rugged Recovery Highlands. Further 
west, the ice surface flattens over the lake area where the average bed topography is lower and 
topographic minima mark the lake locations. Downstream of the lakes, ice flow converges and 
velocity increases, forming the main trunk of the ice stream. These distinct morphological 
regions are separated by two tectonic boundaries. In the east, a deep bedrock trench with a 
significant hydraulic low, a strong positive magnetic anomaly, and locally thin crust marks the 
foothill-highland transition. The upstream trench greatly reduces the water catchment of the 
Recovery Lakes by diverting basal melt generated in the foothills to the south. To the west, the 
upstream boundary of the lakes is an 800 m decrease in bed elevations that corresponds to a 
reduction in the observed magnetic frequencies, basal roughness and crustal thickness. Integrated 
analysis of the gravity and magnetic data reveals that the downstream geologic transition marks a 
change in basal conditions from exposed bedrock in the Recovery Highlands to a 1-3 km thick 
sediment fill underlying the lakes and regions further west. Anomalous basal reflectivity suggests 
the presence of wet sediments in the basin at Lake D, the basin at Lake C and the region 
downstream of both lakes. Only a small area (3.5 km) within Lake C shows the bright, flat 
reflector, that is characteristic of a subglacial lake. Overall, the Recovery Lakes are at a low-
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stand. Lakes A and B are thought to have recently drained. The internal layer stratigraphy and 
narrow echo free zone over Lake D suggest a drainage event may have occurred no more than 
21-25 kya. Only Lake C shows no clear record of a drainage event. Because of the diversion of 
basal water by the upstream subglacial trench, the water catchment for Lakes C and D is small 
and the refilling cycle is very slow.  The refilling of Lake C requires a minimum of 7-9 ky while 
Lake D requires 25-34 ky. Slowly filling lakes have long flood recurrence intervals. Recurring 
drainages from the Recovery Lakes cannot be the cause of ongoing fast flow. The sedimentary 
substrate and widespread basal melting in the broad onset region of Recovery Ice Stream creates 
conditions favorable for fast flow. 
1. Introduction
For more than two decades we have known that the dynamics of the Antarctic Ice Sheets 
are controlled by the distribution and supply of basal meltwater, but only recently has a linkage 
between subglacial lakes and ice dynamics been documented and studied. Geophysical detection 
of Antarctic subglacial lakes in radio-echo soundings dates back to the work of Robin et al., 
(1970). The first integrated geophysical analysis to reveal the volume of a subglacial freshwater 
reservoir came decades later (Kapitsa et al., 1996). Subsequent work has identified large 
subglacial lakes from their surface expression (Bell et al., 2006; Bell et al., 2007), sought to 
objectively detect and classify lakes based on their radar characteristics (Siegert et al., 2005; 
Carter et al., 2007) or inferred the presence of active subglacial lakes due to short-period vertical 
motion of the ice surface (Fricker et al., 2007; Stearns et al., 2008; Smith et al., 2009). Currently, 
there are ~280 known subglacial lakes. Of these, 124 have shown significant surface elevation 
changes in repeat ICESat tracks, indicating periods of water loss or gain between 2003-8 (Smith 
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et al., 2009 and references therein). 
Many subglacial lakes are bound by low relief topography within subglacial basins 
(Dowdeswell and Siegert, 2002). The largest (>100 km long) subglacial lakes have strong 
bounding topography and are geologically controlled (Dowdeswell and Siegert, 2002; Studinger 
et al., 2003; Bell et al., 2006). The majority of large subglacial lakes are located within 200 km 
of the ice divide. In contrast, active lakes are smaller, typically less than 20 km wide, and most 
abundant within outlet glaciers and their respective tributaries (Smith et al., 2009). Recent 
discharge events from active lakes generally release no more than 2 km3 of water over a period 
of a months to years (Wingham et al., 2006; Fricker et al., 2007; Stearns et al., 2008; Smith et al., 
2009) but one rapid discharge of 100 km3 has been documented at the head of Bindschadler Ice 
Stream (Peters et al., 2007 and references therein). Although the volume of water in subglacial 
lakes and the area of ice-lake contact are both small in the context of the Antarctic continent, the 
potential dynamic footprint includes all areas downstream of the lakes, possibly incorporating 
the majority of the continental ice sheet. 
One possible example of the far-reaching impact of subglacial lakes is the Recovery Ice 
Stream. Coincident with the onset of fast flow there are four flat, featureless areas in the ice 
surface. Each is interpreted as a subglacial lake, defined by an upstream trough and downstream 
ridge ice surface morphology. The lakes are designated by letters, with Lake A being the farthest 
north and Lake D the farthest south. It has been proposed that these four Recovery Lakes control 
the broad onset region of the Recovery Ice Stream by enhancing ice flow through two processes 
1) alteration of the basal thermal regime through freeze-on of lake water to the base of the ice 
and/or 2) providing a supply of basal water that lubricates ice flow (Bell et al., 2007).
In 2009, an aerogeophysical survey collected new radar, scanning laser, gravity and 
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magnetic data over the two southernmost Recovery Lakes, C and D. These data allow us to test 
the proposed connection between the dynamics of the Recovery Ice Stream and the Recovery 
Lakes. Our radar data show no indication of accretion processes in this region although it is 
unclear if this due to radar resolution or reflects the true nature of the basal regime. Here we 
focus on the evidence of release events from the Recovery Lakes and also use the geophysical 
data to examine other factors that could contribute to fast flow. Ultimately, we find that the water 
catchment of the lakes is limited due to tectonic boundaries within the Recovery Ice Stream 
catchment. The Recovery Lakes, which are currently at a low stand, have a long life cycle and 
flood recurrence is on the time scale of thousands of years. We conclude that Recovery Ice 
Stream behavior is controlled primarily by its underlying geology.
2. Regional Setting
The Filchner-Ronne Ice Shelf  is fed by 8 major outlet glaciers from both East and West 
Antarctica that collectively drain 22% of the Antarctic Ice Sheet (Figure 1). From its grounding 
line at the shelf, the Recovery Ice Stream penetrates deep into the interior of the stable East 
Antarctic Ice Sheet, with ice velocities over 100 m yr-1 as far as 500 km from the grounding line. 
This single glacier discharges 35 Gtons of ice each year (Joughin et al., 2006). Like much of East 
Antarctica, the Filchner-Ronne Ice Shelf catchment has been thickening since the 1990's 
(Joughin and Bamber, 2005 and references therein). The observed velocities and glacier 
discharge suggest a trough reaching 1400 m below sea level. The trough defines the lateral 
boundaries of the ice stream which is flanked by more rigid ice overlying elevated topography. 
Among Filchner-Ronne Ice Shelf glaciers, the Recovery Ice Stream has the largest expanses of a 
weak bed without sticky spots (Joughin et al., 2006).
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Like many other regions of ice streaming in Antarctica, the fast flow region of Recovery 
Ice Stream has small, active subglacial lakes. Within the funnel-shaped catchment, the 11 active 
lakes span from 2500 m surface elevation to the grounding line. Between 2003-08, each of the 
lakes above 2000 m surface elevation (500 km from the grounding line) drained while 5 of the 6 
lakes further downstream filled, gaining an equivalent volume of water (Smith et al., 2009). 
Given the lack of regional topographic data, the degree of hydraulic linkage between Lakes A-D 
and the active lakes remains uncertain. 
3. Data Description
Geophysical data coverage near the large Recovery Lakes consists of a zig-zag of gravity 
and depth soundings from the South-Pole Queen Maud Land Traverse of 1964-66, radar 
crossings of Lakes A and B from the US-Norway traverse of 2008-9 (not shown here; see 
Langley et al., 2011), and flights from the AGAP (Antarctica's GAmburtsev Province) 
aerogeophysical campaign of 2008-9. Three AGAP survey lines approach Recovery Lakes C and 
D from a camp just west of Dome A and pass over the margins of the surface-defined lakes in 
both north-south and east-west crossings. 
The instrument suite used for the AGAP survey included radar, laser, gravity and 
magnetics. The AGAP radar was a two-pulse 150 MHz-center frequency system based on 
designs by the Center for Remote Sensing of Ice Sheets (CReSIS). A Riegel scanning laser 
system measured an along-track 500 m wide swath of ice surface elevation with an empirical 
internal precision of 0.3 m.  The potential fields were measured with two wing-mounted Scintrex 
Cesium-3 magnetometers that have a cross over accuracy of 0.2 nT, and the AirGRAV 
gravimeter, which has sub mGal accuracy (Studinger et al., 2008). We have combine new 
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aerogeophysical data with satellite-derived surface velocities, elevations and MODIS imagery 
(Figure 1) to better understand the Recovery Ice Stream catchment.
3.1 Surface Morphology and Surface Ice Velocity
To characterize the remote Recovery Ice Stream catchment, we overlay ice velocities and 
surface elevation contours on imagery derived from satellite missions (Figure 1). Ice velocities in 
this region are determined by applying conventional interferometry and speckle tracking 
techniques to inferometric synthetic aperture radar (InSAR) images collected by RADARSAT in 
1997 and 2000 (Joughin and Bamber, 2005; Joughin et al., 2006 and references therein; Bell et 
al., 2007). Additional direct velocity measurements are ongoing at two GPS stations installed 
during January 2009 by the US-Norway traverse. Surface altimetry from 4 unique satellite 
missions was compiled into a 1 km resolution digital elevation model (DEM) by Bamber et al., 
(2009). We contoured the DEM at a 500 m interval and used it to estimate regional surface slope, 
a fundamental control on ice velocity. The surface morphology of the Recovery Ice Stream 
catchment is captured by imagery from the  Moderate Resolution Imaging Spectroradiometer 
(MODIS ) which was compiled into a Mosaic of Antarctica with 125 m resolution by Scambos et 
al., (2007). The imagery reveals characteristics of the ice surface that change in response to 
accumulation, wind patterns and snow transport processes.
The East Antarctic Ice Sheet reaches elevations of more than 4000 m above sea level at 
its center and highest point, Dome A. The ice moves ~1 m yr-1 at the ice divides (Shengkai et al., 
2008), where flow diverges downslope toward the coastal outlets. The Recovery Ice Stream 
catchment begins at the ice divide between Dome A and Dome F, spanning 76oS to 82oS at 3700 
m above sea level and tapers to the grounding line of Recovery Ice Stream (Joughin et al., 2006). 
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In MODIS satellite imagery, the domes and divides are broad stretches of nearly featureless ice. 
Both surface slope and surface roughness increase between 3400 m and 2600 m above sea level. 
In the Recovery Ice Stream catchment, the steepest surface slopes are coincident with a ~200 km 
wide field of north-south trending megadunes. The western edge of the megadunes is coincident 
with the upstream edge of all four Recovery Lakes. Here a change in surface inflection from the 
concave-down dome to an amphitheater drainage occurs around 2700 m above sea level and ice 
velocity is ~10 m yr-1 (Bell et al., 2007). The surface roughness drops abruptly in the lake area. 
The surface ice appears flat over the lakes and visible flow stripes begin to emerge just 
downstream. A GPS station placed at the center of Lake B in 2009 (82.798137oS, 18.055998oE) 
has measured a surface velocity of  ~12 m yr-1 at a heading of 277o, parallel to flow stripes across 
the Lake B basin. Just north, the point velocity from GPS measured over an active lake 
(81.70737oS, 8.57978oE) is ~14m yr-1 at a heading of 296o. The tributaries of fast flow merge 
toward the Filchner-Ronne Ice Shelf forming wider bands flanked by slow moving ice and 
eventually rock outcrops near the coast. Velocities of 100 m yr-1 are observed as far as 500 km 
from the grounding line at 2000 m above sea level, increase to 200-300 m yr-1 by 270 km inland, 
and reach 900 m yr-1 at the grounding line (Joughin et al., 2006). 
3.2 Bed Topography
We used travel time data from the 150 MHz radar data to estimate bed topography from 
the Gamburtsev Mountain foothills to the Recovery Lakes region. The radar was pulse 
compressed and SAR migrated using MATLAB algorithms obtained from CReSIS (as described 
by Legarsky et al., 2001) after some modification by AGAP team members. The algorithms 
assume a uniform velocity of ice of 1.68x108 m s-1 then applies a 15 m correction to account for 
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higher velocity in the less compacted firn. The bed return was manually picked as the rising edge 
of the return using MATLAB algorithms developed by M. Wolovick. The original radar returns 
are spaced ~13 m along track but the smoothing employed in the bed picker reduces resolution to 
60 m. Each flight line was picked twice. Repeat and cross over differences indicate errors are 
~40 m. Data from the Riegel scanning laser was processed by I. Das and has an along track 
resolution of 4 m with cross over errors of 0.3 m. We combined center-line ice surface elevations 
from laser with ice thickness estimates from radar to obtain the bed topography in the Recovery 
Ice Stream catchment. In regions where the laser acquisition failed, we used a 1 km DEM 
(Bamber et al., 2009) to estimate bed elevation. 
In agreement with surface imagery, the digitized radar bed topography reveals three 
distinct morphological regions along the survey lines. The regional changes are emphasized by 
the topographic map in Figure 2A and a regional profile in Figure 4. West of Dome A, in the 
foothills of the Gamburtsev Subglacial Mountains, bed topography averages ~400 m with 
isolated higher areas a few kilometers wide reaching 1090 m and ice thicknesses are 2700-
3100 m. Elevations are significantly higher in the Recovery Highlands, an ~200 km wide region 
that underlies the surface megadunes. The highlands have a spine of elevations  >1600 m above 
sea level but on average are ~900 m above sea level. In the Recovery Highlands, the ice 
thickness averages ~2200 m with a minimum of 1300 m. The Recovery Highlands generally 
decrease in elevation from east to west toward the lakes. The lake area has lower bed relief and a 
flat ice surface. Near Lakes C and D bed elevations average 600 m below sea level with points as 
deep as -1000 m in the center of Lake C and -750 m in the Lake D basin. As a result, ice 
thickness is greater (~3200 m) downstream of the lakes and up to 3800 m in the Lake D basin 
and 4100 m in the Lake C basin. West of Lake C and along the northern half of Lake D, the 
27
topography slopes gently up to 600-700 m below sea level. In contrast, downstream (west) of the 
southern half of  Lake D, bed elevation rises rapidly by >1000 m to a plateau at 500 m above sea 
level, thinning the ice to 2200 m.
The three broad morphological regions of the Gamburtsev Subglacial Mountain foothills, 
the Recovery Highlands and the lake area,  are separated by two distinct boundaries. The 
upstream boundary (foothill-highland transition) is a steep-sided trench that is 20 km wide and 
>500 m deep, coincident with the increase in surface roughness between the Gamburtsev 
Subglacial Mountain foothills and the Recovery Highlands. The trench strikes north-south, 
reaches depths of 870 m below sea level and is overlain by more than 4000 m of ice. The 
downstream boundary occurs at the transition from the Recovery Highlands to the area 
immediately surrounding the Recovery Lakes. This boundary is topographically characterized by 
a decrease in bed elevations of 800-1000 m. The decrease is more linear upstream of Lake D 
where the rugged topography descends to ~100 m above sea level before transitioning within 
10 km to the lake area, ~ 600 m below sea level. In contrast, along the edge of Lake C, the 
highland mean elevation is 100 m below sea level and then drops an additional 800 m in only 
~3.5 km, forming the steep upstream boundary of Lake C. 
3.3 Magnetic Field 
We used magnetic data to examine the nature of the boundaries between the morphologic 
terrains and to define the extent of sediments within the Recovery Ice Stream catchment.  The 
pod-mounted Scintrex Cesium-3 magnetometers recorded the total magnetic field at 10 Hz. 
These data were subsequently corrected for aircraft motion, diurnal variations and the 
International Geomagnetic Reference Frame (IGRF 2009) under the direction of D. Damaske 
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(GFZ, Potsdam) to obtain magnetic anomalies as shown in Figure 2B. 
In the foothills of the Gamburtsev Subglacial Mountains, magnetic anomalies show large 
spatial variability with highs and lows between -130 nT and 50 nT. The fabric of connected 
round highs changes at the trench where it becomes more linear and aligns with the north-south 
striking topography. The maximum magnetic values occur within the subglacial trench (>200nT) 
and are bounded to the west by the minimum observed values (less than -300nT) which are 
coincident with the Recovery Highland peak elevations. Near the Lakes, anomalies show less 
spatial variability and are typically negative, -50nT. 
Since the amplitude of  magnetic anomalies drops off sharply with distance from source 
(1/r3 dependence), longer wavelength signals are an indication of the magnetic signal from 
materials at greater depth. The magnetic field was further reduced in two ways that exploit this 
relationship. 1) We removed deep-seated signals by applying an along track, 5 km high pass filter 
as described for neighboring Slessor Glacier by Bamber et al., (2006). Removing the long 
wavelength signals effectively isolates the magnetic frequencies of near-surface sources (Figure 
5). The amplitude of these signals is low when the bed is a sedimentary body or otherwise 
weakly magnetized. There are significant lows over Recovery Lakes C and D as well as 
upstream of Lake D, coincident with the progressive step down in topography. 2) Additionally, 
we used a 2D wavenumber algorithm developed and described by Phillips (2007) to estimate 
depth to magnetic basement (Figure 5, part 3). This method compares the frequency content of 
the magnetics to the frequency of bed elevation changes. When the bed and magnetic signals 
show strong covariance, the magnetic source is shallow. Where the magnetics are longer 
wavelength than the topography, the source is at depth. The 2D wavenumber solutions are 
spatially similar to the map of the amplitude of residual magnetics, showing the deepest basin in 
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regions of lowest amplitude. The depths estimated for the sediment fill are 1-3 km for Lake C 
and 2-4 km for Lake D and areas downstream.
3.4 Gravity Field
Anomalies determined from the airborne and satellite gravity observations constrain 
models of the regional crustal structure and sediment distribution. The gravity field was 
measured with the AirGrav gravimeter mounted at the center of gravity of the aircraft. The 
AirGrav system uses three orthogonal accelerometers on an inertial platform that is stabilized by 
two gyroscopes combined with Schuler tuning that work together to keep the system level 
(Studinger et al., 2008). The data were reduced by S. Elieff at Sanders Geophysics Limited, 
which owns and operates the AirGrav instrumentation. The free-air gravity data have a resolution 
of ~5 km and a crossover accuracy of 0.5 mGal. Additional regional data is available from 
satellite gravity missions. The Gravity field and steady-state Ocean Circulation Explorer (GOCE) 
Mission was launched in 2009 with the goal of mapping global gravity at <100 km with an 
accuracy of 1-2 mGal (Drinkwater et al., 2006; ESA, 2011).
Together, the free-air gravity anomalies from AGAP and GOCE (Figure 4) provide a 
regional view of the topography, especially in regions where no ice thickness measurements 
exist. In the Gamburtsev Subglacial Mountains foothills values are typically ~25 mGal with 
highs of up to 36 mGal over topographic highs. Average values increase to ~60 mGal over the 
Recovery Highland spine and decrease to the west to typically ~25 mGal.  Recovery Lakes C and 
D reside in a broad gravity low of approximately -50 mGal, a total of 75 mGal lower than the 
adjacent highland values. The minimum observed values of -75 mGal occur within the Lake C 
basin. The elevated subglacial topography on the south side of Lake D is coincident with a 
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relative high of 15 mGal. The longer wavelength regional signals from GOCE highlight the 
contrast between the three distinct morphological regions, showing moderate values in the 
interior flanked by a broad high over the Recovery Highlands. The Recovery Lakes reside in a 
broad gravity low that curves around the upper margins of the lakes. The entire fast flowing 
trunk of the Recovery Ice Stream is -50 mGal lower than the flanking topography indicating the 
ice stream resides within a trough.
The long wavelength Bouguer gravity anomaly can be used to infer changes in the crustal 
structure across these three terrains. We removed the gravity effect of the bed and ice surface 
topography from the free-air anomalies, using the Bouguer slab correction given by 
 g=−2Gh where ρ is the density of the material (assumed 2600 kg m-3), h is its height with 
respect to sea level and G is the universal gravitational constant. The resulting Bouguer anomaly 
field is shown in Figure 3B and in profile in Figure 4.  Since longer wavelength gravity signals 
are related to deeper sources, we filter the Bouguer anomalies to 50 km along the survey lines. 
The Bouguer gravity field shows a general trend of low values in the Gamburtsev Subglacial 
Mountain foothills of -170 mGal that increase toward the lakes where values are -110 mGal. 
Superimposed on this trend is a relative high, with values of -120 mGal, coincident with the 
500 m deep subglacial trench. We inverted the Bouguer gravity for crustal thickness using 
methods described by Parker (1972) and Oldenburg (1974). Our crustal thickness estimates are 
tied to a seismic receiver function solution of ~43.5 km at the AGAP base camp in the 
Gamburtsev Subglacial Mountain foothills (Hansen et al., 2010).
3.5 Radar Bed Reflectivity 
Radar bed return intensity is used as a proxy for bed conditions, specifically in the 
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identification of basal water (Carter et al., 2007 and references therein).  We have calculated bed 
reflectivity to map the distribution of subglacial water within the Recovery Ice Stream 
catchment. Matsuoka et al., (2010) define the bed reflectivity as a component of the radar-
measured bed return power [Pbed]dB, which is given by 
[Pbed ]dB=[S ]dB−[Gbed ]dB[Rbed ]dB−2 〈N 〉H
where [S]dB is a term specific to the radar system used, [Gbed]dB is the geometrical correction, 
[Rbed]dB is the bed reflectivity, 〈N 〉  is the depth-averaged one-way attenuation rate and H is the 
ice thickness. We hold [S]dB  constant and rearrange this equation to solve for the bed reflectivity. 
This formulation does not account for spatial variability in ice temperature or chemistry, both 
which have an important impact on calculated bed reflectivity (Matsuoka, 2011) but are poorly 
constrained in the Recovery Ice Stream catchment. After determining ice thickness, we used the 
observed return brightness and ice depth relationship to estimate a regional average attenuation 
that is linear with a one way rate of  〈N 〉=−8.5dB  km-1. This is similar to the attenuation rate 
of −8.3±2dB  km-1 reported for Lakes A and B by Langely et al., (2011). The geometric 
correction is a function of ice thickness as described by  Matsuoka et al., (2010). Across the three 
topographic provinces, the geometric correction varies by ~3 dB. After these corrections, regions 
of anomalous return brightness are interpreted as areas with basal water. Previous authors have 
used thresholds in the range of 3-10 dB to identify water in contrast to the adjacent bed at similar 
ice depths (Carter et al., 2007 and references therein). Given the uncertainty of using bed return 
brightness as a proxy for bed conditions (Matsuoka et al., 2011), we have adopted the larger, 
10 dB brightness threshold and also test the specularity of along track returns. Radar returns from 
clean ice-water interfaces will also be specular on the 100 m scale. We determined the 
specularity of basal reflectors by calculating a rolling standard deviation of bed brightness values 
32
in a 300 m window (after Carter et al., 2007), using a 3dB threshold to define specular regions. 
After the corrections for attenuation within the ice and geometric spreading, the intensity 
of basal returns ranges from -45 dB to more than 30 dB (Figure 6A). The anomalous reflectivity 
is summarized by region in Table 1. Reflectivity values in the Gamburtsev Subglacial Mountains 
foothills average near zero but are spatially variable. Approximately 45% of the the foothill area 
has anomalous reflectivity that suggests a wet bed. The more elevated topography is dim and 
characterized by minima of -45 dB, while the subglacial trench is very bright, characterized by 
high +30 dB  reflectivity. Over the Recovery Highlands the average reflectivity is lower (-10 
dB), with the brightest spots correlating to the lowest topography (+17 dB) and subglacial 
valleys. Much of the lake area has moderate reflectivity including Lake D and the plateau on the 
southern margin of Lake D. The brightest reflectivity (+30 dB) occurs within Lake C but only a 
3.5 km wide region within the lake is specular. The region downstream of both Lake C and Lake 
D is significantly bright but lacks specularity. 
3.6 Ice Sheet Internal Structures
The internal stratigraphy of the ice sheet is a long term record of accumulation and strain 
within the ice. Throughout the foothills of  the Gamburtsev Subglacial Mountains and the 
Recovery Highlands, radar layers are generally a low-pass filtered version of the bed topography 
as shown in Figure 7 (lower panel). The amplitude of deflections of the internal layers is largest 
immediately over bedrock bumps and decreases toward the ice sheet surface. Within the lake 
area,  the internal layer configuration deviates from the well-behaved layers of the interior and is 
both variable and unique. The stratigraphy over Lake C has a distinct fuzzy, unconformable layer 
that intersects internal layers above and below it. Within Lake D, the internal layers have high 
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amplitude deflections. Within Lake D and downstream of both lakes, there are folds that are 
higher amplitude and out of phase with the low relief of the underlying bed. 
Throughout the foothills and highlands, the echo free zone (EFZ) parallels the underlying 
topography and comprises 10-15% of the ice thickness. Typically, ice in topographic lows is 
echo free. The overlying isochrons do not dip down strongly into valleys but essentially ride over 
a package of  stagnant ice which filters out the effect of the underlying topographic low. Over the 
interior topographic trench, the EFZ is a greater percent of ice thickness than in the surrounding 
ice (Figure 7). Near the steep upstream bounding topography of Lake C, the EFZ is 40% of the 
overall ice thickness and decreases to 25% downstream of the lake basin. In contrast, the EFZ at 
Lake D is thickest near the margins of the lakes (20-25%) and only 15% of ice thickness over the 
deepest part of the basin (Figure 8A). 
Over both Lakes C and D the internal layers are clearly not a smoother version of the 
underlying bed topography that decrease in amplitude toward the ice sheet surface. Over Lake C, 
an unconformity exists between a fuzzy, relatively steep-dipping layer and well-behaved 
isochrons above and below it (Figure 7). The 80 m thick unconformable layer begins in the 
Recovery Highlands and stretches over the Lake C basin for a minimum of 60 km in the east-
west direction. Deflections within the internal layers over Lake D do not show a gradual decrease 
in amplitude with distance from the bed. Typically, the amplitude of  internal layer deflection 
caused by the underlying topography decreases rapidly with distance from the bed.  For example, 
the amplitude of internal layer deflection over the > 500 m deep subglacial trench decreases by 
300 m by 1 km above the EFZ. In contrast, over Lake D there is a strong inflection point (Figure 
8A, yellow arrow) within the internal layers on the upstream side of the lake. The amplitude of 
downward deflection over the 750 m deep Lake D basin decreases by only 100 m by 1 km above 
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the EFZ. The internal layers mimic the amplitude of the bed topography, rather than showing a 
progressively smoother low-pass filter with increasing distance from the bed.
The AGAP radar profiles show the internal layers of the ice sheet are disrupted into folds 
within Lake D and in the region downstream of both Lakes C and D (Figure 8B). These features 
are typically 1-2 km wide and have peak-to-trough amplitudes of 200 m, irrespective of 
underlying bed topography which varies by an average of 80 m within a 2 km window.  The 
folds are localized in an ~25 km wide area in each east-west crossings of Lake D (Figure 8A), 
and persist downstream in areas of low lying topography, i.e. from the northern half of Lake D to 
the downstream Lake C area (Figure 8B). Internal folds are not seen over the topographic plateau 
that bounds the southern half of Lake D or in the east-west crossing of Lake C (Figure 7). The 
width and frequency of the folds increases from Lake D to the downstream area. The uppermost 
elevation of the folds is consistent throughout the surveyed region, beginning ~1000 m from the 
ice surface and extending down to the base of the EFZ, as deep as 2500 m from the ice surface. 
On the downstream lines, the flow folds are slightly asymmetrical, with axes that tilt west 
(downstream).
4. Interpretation
4.1 Regional Geologic Contrast
Our data reveal that the variations in surface morphology of the Recovery Ice Stream 
Catchment reflects three underlying geologic terrains separated by two tectonic boundaries. The 
three distinct terrains are expressed in the surface MODIS imagery and bed topography as 1) 
nearly featureless ice typical of the ice sheet interior that corresponds to the low-lying foothills 
of the Gamburtsev Subglacial Mountains. 2) An ~200 km wide band of megadunes that is 
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underlain by the elevated and rugged topography of the Recovery Highlands. 3) A region of low 
surface slopes and the interior limit of surface flow stripes which is underlain by the Recovery 
Lake basins and the surrounding low relief topography of the lake margins. The tectonic 
boundaries separating these regions are narrow and distinct. 
The inland tectonic boundary is a 20 km wide, >500 m deep subglacial trench that 
separates the low-lying foothills from the highlands. The boundary is also a transition in Bouguer 
anomaly magnitude which suggests the crust is ~2 km thinner in the Recovery Highlands than 
the 43.5 km predicted at the AGAP base station within the Gamburtsev Subglacial Mountain 
foothills (Hansen et al., 2010). It is also associated with a Bouguer anomaly high, which is an 
indication that the Moho is locally shallower by ~800 m. Our ability to resolve the crustal 
thinning associated with this feature is limited by its narrow, 20 km footprint. Combining the 
topographic depression with our interpreted Moho depth, the trough is geophysically 
characterized by crustal thinning of  >1.3 km that corresponds to a change in the magnetic fabric, 
such that magnetic highs and lows are parallel to the north-south striking trench (See also Figure 
2). The width and depth of the trench lie ambiguously between observations of basins within 
narrow rift systems such as the Central Basin in the Baikal Rift (ten Brink and Taylor, 2002 and 
references therein) and glacially-eroded basins, such as the Great Lakes in North America 
(Herdendorf, 1982). The trench is either the result of enhanced erosion or focused rifting 
(Dyksterhuis et al., 2007) along a pre-existing weakness within the crust. The subglacial trench 
creates a hydraulic low that isolates basal water of the Gamburtsev Subglacial Mountain foothills 
from the highlands.
The downstream boundary is a 800-1000 m topographic step at the highland-lake 
transition, with the Recovery Lakes on the lower side. This boundary is spatially coincident with 
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a downstream decrease in surface slope that is expressed by the increase in surface contour 
spacing. The arc that connects the eastern margin of each lake overlies the transition from the 
Recovery Highland to the low-lying topography of the lake area. The rate of the topographic 
transition changes along the arc. Upstream of Lake C, it is a steep descent of 800 m within less 
than 3.5 km. Elsewhere, there are stepwise elevation decreases that span 10 km. The Bouguer 
anomaly suggests the crust thins by ~1.5 km across the highland-lake transition (to ~39 km), 
forming a tectonic boundary that controls the lakes as previously proposed by Bell et al., (2007, 
supplement). On the downstream side of the boundary the ice surface is extremely flat, reducing 
the hydraulic gradient and allowing water to collect. The depth to magnetic basement solutions 
suggest pockets of sediments of varying thickness from 1-3 km blanket the magnetic basement. 
We suggest these sediments are pre-glacial Recovery Highland erosion that accumulated in the 
lake area, the regional topographic low. The widespread sediments may play a role in fast flow. 
4.2 Geologic Setting of the Lakes
Antarctic subglacial lakes often occur within larger subglacial basins (Dowdeswell and 
Siegert, 2002). Gravity anomalies, basal roughness and the frequency content of magnetic 
anomalies can provide evidence of sedimentary bodies beneath glaciers and ice sheets. The 
locations of sedimentary basins are of interest because they may influence ice flow. Ice streams 
feeding the Ross Ice Shelf in West Antarctica override marine sedimentary basins of 2-4 km 
depth (Studinger et al., 2001). The geology underlying the fast-moving ice is characterized by 
negative gravity anomalies, lower magnetic anomaly frequencies and smoother beds than the 
adjacent bounding topography (Bell et al., 1998; Studinger et al., 2001; Rippin et al., 2011). The 
gravity anomalies reflect the presence of relatively low density sediments while low magnetic 
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frequencies indicate the absence of a shallow magnetic source. Basal roughness is reduced in the 
presence of sediments as they are transported and deposited in local topographic lows or 
smoothed by the glacier.
The gravity anomalies on east-west crossings of the  Recovery Lakes A and B  include a 
long wavelength signal due to the thinning of the crust that lead Bell et al., (2007) to propose a 
tectonic control on the lakes. A similar trend is evident in the Bouguer gravity profile over Lakes 
C and D (Figure 3). We summarize our evidence for sediments in the lake area using data over 
Lake D in Figure 5. Our depth to basement models suggest that the magnetic source material is at 
the ice-bed interface throughout the Recovery Highlands but is 1200-3000 m below the surface 
in the lake area. The lines over the lake margins and downstream show evidence of local 
magnetic source lows of >1000 m depth. Combined magnetic and gravity solutions suggest Lake 
D resides within a larger sediment body of ~2400 kg m-3 that extends to ~3 km below the ice-bed 
interface (Figure 5, Part 3). Similarly, Lake C is underlain by sediments 1-3 km thick (not 
shown). We characterized bed roughness along the radar survey lines using a rolling standard 
deviation in a 2 km window (Figure 5). Within the ~200 km width of the Recovery Highlands, 
basal topography is rugged, with a standard deviation of  ~300-500 m, compared to ~150 m in 
the foothills. Downstream of the large lakes, bed roughness is very low with a standard deviation 
of ~80 m in a 2 km window. This topographic relief is consistent with a sediment layer that fills 
local bedrock lows creating an overall smoother ice-bed interface. Each of the sediment 
indicators suggest that Recovery Lakes C and D reside within a region where sediment infills 
bedrock lows.
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4.3 Distribution of Subglacial Water
The AGAP radar coverage of Lakes C and D provides a modern snapshot of their status. 
Other large subglacial lakes share many characteristics that are expressed to varying degrees at 
the Recovery Lakes. In surface profile, large subglacial lakes are characterized by upstream 
troughs 2-15 m deep and downstream ridges of 2-5 m (Bell et al., 2007) that form in response to 
changing resistance to ice flow at the glacier bed (Gudmundsson, 2003). Lakes are characterized 
by regional hydraulic minima where the overlying ice floats in hydrostatic equilibrium with the 
ice-water interface at the base. The floating ice creates a flat ice surface with slopes generally 
<0.3m km-1 (Bell et al., 2007).  In radar profiles subglacial lakes are flat basal reflectors that are 
brighter than their surroundings and produce consistent amplitude, specular along-track returns 
on the 100 m scale (Carter et al., 2007; Dowdeswell and Siegert, 2002). It is important to 
distinguish lakes from wet sediments at the base of the ice sheet. While many of the 
characteristics of lakes are also true for wet basal sediments, wet sediments show more 
variability in return brightness, failing the specularity criterion (Carter et al., 2007). Gravity 
anomalies over subglacial lakes are local lows that require low density material to explain the 
amplitude of the signal.
Each of the Recovery Lakes was initially delineated by their surface expression: an 
upstream trough and downstream ridge ice surface morphology enclosing a region of flat ice 
(Bell et al., 2007). Our radar data reveal that neither lake site, as defined by their surface 
expression, has the characteristic flat, bright reflector. Recovery Lakes C and D are characterized 
by 250 m and 750 m deep basins, respectively (Figures 7 and 8). The basins are hydraulic 
minima that are separated by a 300 m high ridge on the southern margin of Lake C. In contrast, 
Lakes A and B were recently determined to be hydraulically linked (Langley et al., 2011). 
39
Calculations of surface and bed slope show that the ice sheet is not currently in hydrostatic 
equilibrium over the basins. After a correction for ice thickness, bed returns from Lake C are 
relatively bright by >20 dB while Lake D is dimmer, with no more than 10 dB brightness within 
its surface outline. Most of each lake basin fails the specularity criterion (3 dB/300 m), but at the 
lowest elevations within Lake C a 3500 m area is specular. The amplitude of gravity lows across 
Lake C suggest <50 m of water is present.
The surface expressions of Lakes C and D are less clear than that of other large subglacial 
lakes, leading previous authors to conclude that they had drained. The upstream troughs suggest 
they have been sites of lower basal resistance while the downstream signature of re-grounding 
ice more subdued (Bell et al., 2007). The absence of specular reflections within the basins 
indicates that, while both sites are hydraulic minima, there is currently little water in the lakes. 
The ice surface morphology is supported by the bed conditions. The basal reflectivity within 
Lake C is significantly brighter than the regional surroundings, suggesting a wet base created by 
either a basal film of water or wet sediments. Lake D also shows signs of a wet bed with a lower 
return brightness. Lake C has a 3.5 km wide lake of water in the deepest part of the basin but is 
otherwise a bed of wet sediments. Lake D shows evidence of wet sediments but is not as wet-
based as Lake C. The region downstream (west) of Lake C has extensive, bright bed returns that 
lack specularity suggesting wet basal sediments. 
4.4 Regional  Water Budget
Basal melt is a key component of ice stream development and maintenance because the 
onset regions of ice streams often have low driving stresses and are dominated by basal 
processes. Ice streams can be self-sustaining if frictional heating at the base is sufficient to 
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generate basal melt and enhance ice velocity. The production of basal melt can be estimated 
using 
 m=
[GU bT bi Bb]
[Li]
where G is the geothermal heat flux, Ub, Τb and Bb are basal velocity, basal temperature gradient 
and basal shear stress gradient, respectively. The remaining values- L, ĸi and ρi- are physical 
properties of the ice: latent heat of fusion, thermal conductivity and density. Each term in the 
equation describes a separate control on englacial temperatures: geothermal heat, frictional 
heating at the bed and conduction away from the bed. 
The Recovery Lakes reside in one of the most unexplored sectors of East Antarctica; 
there is not sufficient data to constrain the internal temperature profile, thus the basal temperature 
gradient is unknown. Ice core temperature profiles from other locations indicate that horizontal 
advection exerts a strong influence on the ice column. As ice flows away from the divide, cold 
ice is moved to lower, warmer elevations. The combination of warmer surface ice and horizontal 
advection of cold ice creates a negative temperature gradient (decrease in ice temperature with 
depth) that persists to the center of the ice column. However, at the base, geothermal and 
frictional heat sources that warm the bed dominate the temperature gradient (Cuffey and 
Paterson, 2010). Upstream of the Recovery Lakes, the ice moves slowly, an estimated 1-5 m yr-1 
(Bell et al., 2007). These low flow velocities translate to lower horizontal advection rates and the 
negative temperature gradient within the ice column should be small and the basal temperature 
gradient should be minimally affected. 
We assume horizontal advection can be ignored and determine the 1D steady state 
temperature profile following Zotikov (1986, eq 4.17):
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T  z =T pmp−T s−T pmp 
erf 0.5Pe zH 
erf 0.5Pe where Pe=
aH
K
Here Ts is the surface temperature, Tpmp is the pressure melting point, H is the ice thickness, z is 
zero at the bed and H at the top of the ice. Pe, the Peclet number, describes diffusion as a 
function of accumulation (a) and K, the thermal diffusivity of ice. Once the vertical temperature 
profile has been estimated, we can calculate the corresponding basal temperature gradient (Tb ) 
using the temperature difference across a known depth range. Use of this equation to estimate 
basal temperature gradients has been validated for West Antarctic Ice Streams where the modeled 
temperature has been compared to ice core measurements (Joughin et al., 2003). This 
formulation neglects the effect of strain heating. 
To estimate an englacial temperature profile, from which we can determine the basal 
temperature gradient, we must assume values for the surface temperature and accumulation 
within the Recovery Ice Stream catchment. Since there is limited weather data in the area, we 
approximated surface temperatures using the mean annual temperature at South Pole Station, 
-49.3oC, and a lapse rate of 0.002oC m-1 which we derived from 2009 Automatic Weather Station 
data (Keller et al., 2010). Recent GPS observations at Lake B (T. Scambos, personal comm.) and 
observations within a 200 m deep ice core just upstream of the Recovery Highlands (Cole-Dai et 
al., 2001) show regional accumulation averages ~4 cm yr-1.  At the Recovery Lakes, we predict a 
basal temperature gradient of 0.029 oC m-1 .
 In the absence of other sources, a geothermal flux of 50mW m-2 should yield a basal 
temperature gradient of 0.024 oC m-1.  (Cuffey and Paterson, 2010)  Based on our determination 
of basal temperature gradient, a regional geothermal heat flux of ~50 mW m-2 is reasonable in 
this region and can be used to approximate regional melt rates. This is in agreement with global 
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estimates for cratonic blocks of 50 mW m-2 and the magnetically-derived heat flux model of Fox 
Maule et al., (2005) which suggests regional values between 50-60 mW m-2. 
4.4.1 Model Sensitivities
Our melt rate estimates are most sensitive to the geothermal heat flux, which is the 
dominate heat source, and the accumulation rate, which contributes to the conduction of heat 
away from the bed.  Independent of ice thickness, the basal melt rate varies by 1 mm yr-1 for each 
10 mW m-2 of geothermal flux. The accumulation rate influences the ice temperature profile, 
particularly in regions of thinner ice. Since low accumulation areas have low vertical temperature 
gradients they have weaker conduction and are more likely to have melt at the bed than other 
regions of comparable ice thickness. Accumulation in the survey area is constrained at Lake B 
and just inland of the Recovery Highlands as  ~4 cm yr-1(Cole-Dai et al., 2001). Since 
megadunes are known to have spatially variable accumulation (Frezzotti et al., 2002) and are up 
to 60% glaze (Arcone et al., 2011, in press), the average accumulation over the Recovery 
Highlands (~2200 m thick ice) may be as low as 2.5 cm yr-1, raising local melt rates under the 
megadunes by ~0.7 mm yr-1. (Megadunes are treated in more detail in section 4.6). Because the 
frictional heating contribution depends on the basal shear stress, a doubling of velocity in regions 
of a weak bed (20 kPa) will change the melt rate by only 10% while strong bed regions have a 
more proportional increase in melt (40%).  Strain heating is not incorporated to these melt rate 
calculations but may be important, particularly over strong bed areas.
4.4.2 Melt Rate Results
We applied the melt rate model using distinct values for average ice thickness, ice surface 
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velocity, basal shear stress and accumulation rate within each of the three provinces. The 
combined regional models predict generation of basal melt in most of the Recovery Ice Stream 
catchment with regions of freezing in the foothills of the Gamburtsev Subglacial Mountains and 
over the plateau that forms the downstream margin of the southern half of Lake D  (Figure 6B). 
We summarize the melt rate model inputs and total water generated in each region in Table 2. 
The Gamburtsev Subglacial Mountain foothills are under >3000 m thick, slow moving 
interior ice. In the foothills and over the subglacial trench, velocities are presumed to be low (~2 
m yr-1 ) and, because magnetic anomalies are strongly correlated to topography, the bed is 
assumed to be strong (100 kPa). Since the surface shows no evidence of accumulation anomalies, 
we use the regional estimate of accumulation of 4 cm yr-1 . The resulting model suggests melt is 
generated at a rate of ~3 mm yr-1 throughout the foothills. The highest predicted melt rates within 
the catchment  (4 mm yr-1 ) are within the subglacial trench where the ice is up to 4180 m thick. 
Over the Recovery Highlands the mean ice thickness is 2200m. The surface velocity 
estimated from InSAR is ~5 m yr-1 (Bell et al., 2007). Our interpretation of near-surface magnetic 
sources in this region indicate a sediment-deprived interface and we model strong bed values of 
Τb up to 100 kPa. The regional surface accumulation rate may be lower throughout the highlands 
because of megadune deposition and transport processes at the ice surface. The model brackets 
basal melt rates between  ~1.8-2.5  mm yr-1 assuming 2.5-4 cm yr-1  of accumulation.  
The topographic step that forms the upstream boundary of the lake area results in a 
marked increase in ice thickness to an average of more than 3200 m, with even greater values 
within the lake basins. In the Recovery Lake area, ice flow on the order of 12 m yr-1 was 
measured over Lake B (Ted Scambos, personal comm.) and ~10 m yr-1 was estimated from 
InSAR (Bell et al., 2007). Based on the geophysical evidence for sediments and the evidence for 
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a weaker bed downstream (6-18 kPa, Joughin et al. 2006), the bed was considered weak in the 
lake area, with Τb  ~20 kPa.  The presence of a weak bed lowers the frictional heating 
contribution to melt production. Melt rates in the low lying topography in the lake area average 
2.2 mm yr-1 . The predicted melt rate is highest within the basins, up to 2.88 mm yr-1  in the center 
of Lake C  and 2.6 mm yr-1 in the center of Lake D. The rate of water generation in the catchment 
of the lakes is summarized by region in Table 2. The Gamburtsev Subglacial Mountain foothills 
could produce ~0.46 km3 yr-1, while the Recovery Highlands contribute only 0.02-0.06  km3 yr-1.
4.5 Catchment Area and Life Cycle of Recovery Lakes C and D 
By comparing the results of the 1D melt model to the observed basal reflectivity we can 
differentiate where basal water is generated from where it is stored. The Gamburtsev Subglacial 
Mountain foothills show evidence of basal water underlying the >3000 m thick ice near the 
divide and within the bedrock trench separating the foothills from the Recovery Highlands. The 
majority of the Recovery Highland area is capable of pressure melting, but radar return 
anomalies suggesting basal water are only evident in narrow valleys and local topographic lows 
(<5 km wide) within the rugged topography. None of the Recovery Highland brightness 
anomalies are specular or associated with gravity lows, which indicates a film of basal water is 
more likely than a reservoir. Together, the prediction of widespread basal melt and the lack of 
evidence for reservoirs suggest basal water is formed but not stored in the Recovery Highlands. 
The boundary between the Gamburtsev Subglacial Mountain foothills and the Recovery 
Highlands plays a key role in the water budget for the lakes. Although ice flows from the divide 
to the Recovery Ice Stream grounding line, much of the water generated at the bed is diverted 
away from the Recovery Lakes and out of the glacier catchment. The 500 m deep subglacial 
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trench produces a significant hydraulic low (Figure 4) that re-directs basal water to the south 
(Figure 2).  The water diversion will prevent meltwater generated in the foothills from reaching 
the Recovery Lakes. Using the ice sheet surface to define margins for the lakes and the mean 
basin depth interpreted from radar, we estimate that Lake C would hold 195 km3 while Lake D 
could retain 1,470km3. Only the Recovery Highlands are part of the water catchment for each 
lake. In total, the water catchment of Lakes C and D is only ~30,000 km2  of the possible 
~172,000 km2  upslope. Based on our model estimate of basal melt production, the catchment 
generates ~0.06- 0.08 km3 yr -1 that can collect in the lakes. Assuming all Recovery Highland 
water makes it into the lake basins, the minimum refill time for Lake C is on the order of 7-9 ky, 
while the deeper Lake D basin would require at least 25-34 ky to fill.
4.6 Regional Event History  
We interpret the stratigraphy of internal layers over the Lake C basin as the record of a 
depositional hiatus following the emergence of isochrons as the ice moved through a region with 
variable accumulation. Upstream of the Recovery Lakes, MODIS imagery reveals a region of 
north-south trending megadunes overlying the rugged topography of the Recovery Highlands. 
Megadunes are observed in satellite imagery on the surface of Antarctica in regions of high 
elevation, high winds and low accumulation. In total, these features cover 500,000 km2 of the 
East Antarctic Plateau (Siegert et al., 2003). The individual dunes are 2-4 m high and 2-5 km 
wide with long axes that trend for 10's of kilometers, perpendicular to the dominant, katabatic 
wind direction (Fahnestock et al., 2000).  Net accumulation over megadunes is spatially variable, 
ranging from 25% of local average on the leeward face to 120%  of local average on the 
windward face. The low leeward accumulation can result in the formation of mm-scale glazed 
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surfaces if wind transport of snow exceeds snow accumulation. In radar records, glazed surfaces 
form distinguishable isochrons because vapor-transport driven recrystallization creates larger ice 
crystals (Frezzotti et al., 2002 and references therein). 
In plateau regions, during periods of even lower accumulation, the formation of glazed 
surfaces is widespread and creates a record of a regional depositional hiatus. In the hinterland of 
the Transantarctic Mountains, Siegert et al. (2003) document the preservation of a hiatus surface 
100 km wide. The underlying isochrons intersect this surface due to emergent flow over a 
bedrock high of 1 km relief. The isochrons emerged at the surface and were ablated, then the 
depositional hiatus allowed recrystallization, creating a unique internal reflector. 
Within the layers overlying Lake C, the fuzzy, prominent layer is a depositional hiatus 
(Figure 7). The hiatus surface is traceable for more than 60 km and cross cuts underlying 
isochrons. This cross-cutting suggests that the depositional hiatus may have been preceded by a 
period of surface ablation on emergent isochrons. We assume an accumulation rate between 2.5-
4.0 cm yr-1 and ice velocity of 1-10 m yr-1 characterizes the megadunes that overlie the Recovery 
Highlands. The depth to the bottom of the hiatus layer brackets the emergence and depositional 
hiatus to 35 -70 kya. This age is consistent with other hiatus sites that indicate ablation of snow 
was more widespread in East Antarctica during the last 85 ky than at present (Siegert et al., 
2003). The emergence of isochrons could have occurred within the highlands or over the steeply 
rising topography in the trench-highland transition shown in Figure 7. The unconformable 
contact between the hiatus and underlying isochrons most likely formed as ice traversed the 
trench-ridge transition because current internal layers at this location rise to the surface and thin 
in response to the underlying topography. The stratigraphy over Lake C is a well-behaved, low-
pass filtered version of the bed and shows no indication of a drainage event, perhaps indicating 
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the last drainage predates the depositional hiatus.
4.7 Ice Flow 
Internal layer folds such as those over Lake D and downstream of both lakes indicate fast 
flow and suggest a flow direction. From the distribution of internal layer folds (Figure 8B), we 
can infer that fast flow has occurred along the long axis of Lake D and in the areas downstream 
of both Lakes C and D. Similar disrupted internal layers have been documented at the now-
stagnant Kamb (Ng and Conway, 2004), as well as Whillans (Jacobel et al., 1993) and 
Bindschadler Ice Streams (Siegert et al., 2003a). This internal buckling forms in areas of high 
longitudinal stresses and records cumulative strain (Jacobel et al., 1993). Flow folds are high 
amplitude and out of phase with respect to the underlying bed. These features are best resolved in 
profiles perpendicular to the flow direction (Siegert et al., 2003a; Rippin et al 2006) and have 
axes that tilt in the direction of flow (Jacobel et al., 1993). In Bindschadler Ice Stream, the 
majority of folded internal layers are associated with flow tributaries, while ice in between the 
tributaries maintains layers that are a low-pass filtered version of the underlying bed (Siegert et 
al., 2003a). The folded layers are generally well-preserved downstream and after stagnation of 
the ice (Ng and Conway, 2004; Rippin et al., 2006).
In the Recovery Lakes flow folds are seen in east-west crossings of Lake D, suggesting a 
north-south component of flow. On the downstream lines, the flow folds are slightly 
asymmetrical, with axes that tilt west toward the coast, suggesting a component of flow across 
the lakes. Throughout the downstream area the increased spatial footprint and frequency of the 
flow folds on the low lying topography may be caused by convergence of the south-north Lake D 
flow with an east-west component of flow that follows the regional surface slope. The absence of 
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flow folds over Lake C may be due to the survey line orientation and does not preclude the 
feasibility of current and/or past fast flow across the lake. The uppermost elevation of the folds is 
consistent throughout the surveyed region, indicating that they formed contemporaneously. 
Based on the depth of folds in the ice, the flow folds could have formed as long as 21-25 kya but 
the episode of fast flow they represent could be more recent. The amplitude of flow folds 
decreases toward the top of the ice and these folds, like those at Kamb Ice Stream (Ng and 
Conway, 2004) may not have reached the surface at the time of formation. The 21-25 ky age is 
an upper limit for when the folds developed. 
The flow folds within Lake D most likely formed when the lake was at a low stand. 
Disrupted internal layers are not typical of subglacial lake environments where the ice floats on 
the lake surface. The stratigraphy that traverses Lake Vostok preserves the topography from the 
upstream margin of the lake and can be traced between successive downstream survey lines 
(Tikku et al., 2004). In Kamb and Whillans Ice Streams, the presence of flow folds is associated 
with fast flowing ice grounded on its bed (Siegert et al., 2003a; Ng and Conway, 2004). During 
formation of the folds the basal shear was likely low, but not zero as it would be over a 
substantial subglacial lake. Ng and Conway (2004) reconstruct a 60 m yr-1 velocity of Kamb Ice 
Stream based on flux balance calculations within the internal layer folds. The lowest velocity ice 
in which the features have been observed is a tributary of Slessor Glacier where ice velocities are 
10 m yr-1 (Rippin et al., 2006). However, the authors conclude that the conditions prerequisite to 
the formation of flow folds are no longer present in that region and the folds are preserved from a 
previous dynamic state.  InSAR velocities (Joughin et al., 2003; Bell et al., 2007) and point 
velocity measurements (Ted Scambos, personal comm. 2011) in the Recovery Lakes area suggest 
the ice moves at 10-15 m yr-1, much slower than  Kamb Ice Stream tributaries. This creates two 
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possibilities: 1) the folds are currently forming due to strongly convergent flow over a lubricated 
bed moving on the order of 10 m yr-1 or 2) the folds are preserved from a previous episode of 
faster flow (near 60 m yr-1) that occurred after, and possibly in response to, a drainage event from 
Lake D no longer than 21-25 kya. Since the flow folds have not been documented due to 
convergent flow at lower velocities, we consider it more likely that the folds are preserved from a 
previous episode of higher flow rates. 
The internal stratigraphy at Lake D is a record of tributary flow that may have followed a 
drainage event. We present a conceptual model that explains the narrow EFZ and amplitude of 
internal layer deflection over the Lake D in Figure 9. 1) Initially, ice flows over the lake in a 
predominantly east-west direction as dictated by the regional surface slope. The internal layers 
are preserved topography from the upstream boundary of the lake. 2) As the lake loses water, the 
ice subsides into the lake basin. Since the rheology of ice depends on temperature, the warmer 
basal layers move the most and may experience vertical stretching. 3) When the lake is empty, 
the ice is grounded but may retain some water at the bed due to pressure melting. The flat ice 
surface established by the lake persists and bed slope drives local flow into the lake from both 
sides as well as south to north along the axis of Lake D. The convergence of flow establishes 
strong longitudinal stresses and causes flow folds to develop. This model is purely conceptual 
but suggests a link between drainage of Lake D and the initiation of tributary flow.
From our 1D melt model, we estimate a 25-34 ky refill time for Lake D. If the last 
drainage from Lake D were 21-25 kya and our estimate of water production in the Recovery 
Highlands is reasonable, Lake D should be nearly full today instead of at a low stand. There are 
several unconstrained factors within the lake catchment that could cause this discrepancy in our 
modeled refill time and event time line. The geothermal heat flux in this area has never been 
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directly measured; our estimates of basal water production in the Recovery Highlands may be 
too high. Our survey provides cross sections of the lake margins and profiles of the upstream 
topography by which to estimate the routing of basal water. Lake D may no longer be a closed 
basin and thus will not collect water and/or some water generated within the Recovery Highlands 
is routed around Lake D. The estimated age of grounding of the ice within Lake D is constrained 
by the present day accumulation rate and depth of the flow folds as no more than 21-25 kya.  If 
the ice surface subsided in response to the drainage, accumulation may have been higher within 
the surface low, biasing our interpreted age to be too old.
5. Discussion
It was previously proposed that the Recovery Lakes cause the onset of fast flow by 
altering the basal thermal regime of the ice through accretion or by lubricating the bed of the 
glacier in periodic floods (Bell et al., 2007). In the AGAP aerogeophysical data there is no 
evidence of accretion near Lakes C and D. This may indicate that 1) accretion never formed 2) 
subsequent basal motion has destroyed the accretion ice or 3) accretion reflectors cannot be 
detected because of radar attenuation and the depth of the ice near the lakes. Our data are better 
suited to address the second proposed mechanism, the release of water in periodic drainage 
events. That is the focus of this discussion. These data provide a first opportunity to examine the 
geology in the Recovery Ice Stream catchment and the potential connection between that 
geology, the lakes and the broad onset region of the ice stream. First, we combine our 
observations to propose a tectonic framework for the Recovery Ice Stream catchment. Then we 
discuss the life cycle of Lakes C and D, the regional hydrologic system and their combined 
impact on the distribution of fast flowing ice.
51
5.1 A Tectonic Framework for the Recovery Ice Stream
Within the Recovery Ice Stream catchment there are three distinct morphological regions 
separated by two tectonic boundaries. In the interior, the foothills of the Gamburtsev Subglacial 
Mountains have subdued topography under a blanket of slow moving ice ~3200 m thick. The 
Recovery Highlands are a north-south trending band of elevated topography expressed in ice 
surface imagery as north-south trending megadunes. The region surrounding the Recovery Lakes 
has low relief topography and is overlain by ice with low surface slopes. The inland tectonic 
boundary, a subglacial trench at the foothill-highland transition, diverts subglacial water away 
from the Recovery Lakes, minimizing their input into the hydrologic system of the ice stream. 
The Recovery Highland-Lake transition, is a >800 m topographic drop and a change in basal 
conditions from high basal shear on an ice-bedrock interface to low basal shear on an ice-
sediment interface. Together these tectonic boundaries limit the size of the Recovery Lake water 
catchment and establish the distribution of basal sediments that can lubricate ice flow. The 
Recovery Ice Stream catchment demonstrates that regions of geologic contrast have a direct 
impact on water generation and movement under the ice sheet and thus play a role in outlet 
glacier mass balance and the longevity of the East Antarctic Ice Sheet. 
5.2 Implications for the Role of Floods
Our melt rate calculations suggest basal water is generated throughout the Recovery Ice 
Stream catchment. However, the tectonic boundary that separates the Gamburtsev Subglacial 
Mountain foothills from the Recovery Highlands creates a strong hydraulic low and diverts basal 
meltwater from the interior of the ice catchment to the south. As a result, Lakes C and D rely on 
only the basal melt formed in the Recovery Highlands, ~1/5 of the ice catchment. As a result, the 
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lakes have long flood recurrence intervals. Lake C requires at least 7-9 ky to refill while Lake D 
requires a minimum of 25-34 ky.  Although it is difficult to predict the nature of a release event 
from these lakes, we conclude that the infrequency of such events limits their potential role in 
maintaining the fast flow of the ice stream. 
Subglacial lakes at the head of ice streams have not been definitively linked to fast flow. 
Storage of meltwater has been inferred from seismic records and surface elevation change at 
Bindschadler Ice Stream (Peters et al., 2007), observed in the form of two active lakes at the 
head of Byrd Glacier (Stearns et al., 2008) and inferred from surface morphology at the 
Recovery Lakes (Bell et al., 2007). Both Bindschadler Ice Stream and Byrd Glacier have a single 
documented drainage event. At the head of Bindschadler Ice Stream, transport of  ~100 km3 of 
water occurred over a 24 day period.  However, there is not sufficient data to detect any potential 
changes in ice velocity in response to this event (Peters et al., 2007 and references therein). More 
recently, velocities along 75 km of the main trunk of Byrd Glacier were 10% higher for 14 
months coincident with a 1.7 km3 discharge event (Stearns et al., 2008). However, there are no 
repeat observations of drainage and velocity to solidify the causal link between subglacial release 
events and the observed ice dynamics. 
The potential impact of a subglacial flood depends on the organization of the downstream 
drainage system which can vary in time and space due to the input water flux, nature of the bed, 
regional hydraulic potential gradients, temperature of the basal water and water pressure (Nye, 
1976; Björnsson, 1998, Nienow et al., 1998). At the Recovery Lakes, most of these parameters 
are poorly constrained. At one end member, the drainage network could be a system of tunnels 
that are opened by thermo-mechanical heating and closed by creep processes during ice flow 
(Nye ,1976).  Alternatively, there could be a distributed network in place where water flows 
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through a system of linked cavities at the ice-bed interface or through linked canals within 
subglacial till. Only the distributed style of drainage has a widespread impact on the ice velocity 
and is associated with surge behavior (Kamb, 1987; Björnsson, 1998; Cuffey and Paterson, 
2010).  Additionally, the duration and recurrence of the flood event must be considered. Studies 
on Byrd Glacier (Stearns et al., 2008), in Iceland (Björnsson, 1998) as well as on Variegated 
Glacier, Alaska (Kamb, 1987) suggest the duration of a flood event is directly linked to the 
duration of the response of the glacier. 
Slowly-filling subglacial lakes are predicted to exhibit quasi-periodic discharge events 
(Fowler, 1999) similar to the documented active lakes drainages along ice streams (Fricker et al., 
2007; Stearns et al., 2008; Smith et al., 2009). Evatt et al., (2006) model a 10-year flood to drain 
subglacial Lake Vostok, which has a much larger volume than the Recovery Lakes (Studinger et 
al., 2004). Catastrophic floods with long recurrence intervals have large volume discharges and 
will likely establish a channelized, efficient drainage system at the expense of an existing 
distributed network (Nye, 1976; Nienow et al., 1998). Channelized flow will  reduce the both the 
temporal and spatial potential for rapid movement of the ice stream (Kamb, 1987). 
Subglacial water bodies, such as the Recovery Lakes, could supply basal water in longer-
duration, low volume leakages. Both theory (Nye, 1976; Evatt et al., 2006) and observation 
(Björnsson, 1998; Wingham et al., 2006; Stearns et al., 2008) suggest an initial channel outlet for 
subglacial lakes, but the presence of subglacial channels requires large water fluxes that heighten 
thermal heating, causing the channels to grow (Nye, 1976; Björnsson, 1998). Thus a low volume 
flow is less likely to channelize and could feed into an established network of linked cavities 
(Kamb, 1987). In this scenario, water from the slowly draining large Recovery Lakes would be 
transported via an established distributed network and potentially connected to active lakes 
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downstream (Smith et al., 2009). Release events with lower discharge rates may have a stronger 
impact on ice dynamics as they are more favorable for a distributed basal network and have a 
longer duration. 
We conclude that floods from the Recovery Lakes are not essential for the maintenance of 
fast flow in the onset of the Recovery Ice Stream for two reasons. First, the flood recurrence 
interval for the Recovery Lakes is too long due to the diversion of the interior meltwater by the 
hydraulic low along the trench. Secondly, the Recovery Lakes are not linked to the current basal 
hydrologic system. Given their current status, the large Recovery Lakes cannot feed the 
downstream lakes through a distributed network because they are water starved. The current size 
of the Recovery Lakes determined from the airborne and surface radar is significantly smaller 
than the surface expression of the lakes (Langley et al., 2011). If all the water from the Recovery 
Highlands were pooling in these basins the ice surface would change elevation by 0.05 m, well 
below the noise floor of ICESat detection. The maximum volume of water that could have been 
sourced from Lakes A and C during ICESat is  ~0.002 km3 yr-1, two orders of magnitude smaller 
than the net gain of water in the downstream lakes (Smith et al., 2009). In theory, a slow release 
event may have a greater impact on the ice stream but this is not a currently ongoing mechanism. 
The water moving through the downstream lakes cannot be from the large Recovery Lakes and is 
likely sourced from widespread pressure melting downstream of Lakes A-D. 
5.3 Implications for Recovery Ice Stream Onset 
 The location of ice streams is influenced by a combination of factors, many of which are 
manifest at the head of the Recovery Ice Stream. Collective observation shows that topographic 
steps, bed roughness, subglacial geology as well as meltwater distribution and volume each play 
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a role in the initiation or maintenance of fast flow (Winsborrow et al., 2010 and references 
therein). In the Recovery Ice Stream, each of the four listed contributors are present and all are 
tectonically controlled. 
The upstream boundary of the Recovery Lakes is a topographic step of 800-1000 m. 
Topographic steps force ice flow to accelerate over the bed and warm in response to enhanced 
strain heating. This increased velocity reduces viscosity and increases the deformation within the 
ice, establishing a thermo-mechanical feedback that is favorable for fast flow (Winsborrow et al., 
2010 and references therein). The steep topographic step at the highland-lake transition will 
trigger increased velocities and deformation. The associated topographic drop is much larger 
than the 150-200 m steps correlated to accelerations at Byrd and Thwaites Glaciers (McIntyre, 
1985).
The Recovery Highlands are both elevated and rugged but the margins of the Recovery 
Lakes have a smooth bed. Throughout the Siple Coast Ice Streams, regions of fast flow are 
correlated to regions of reduced basal roughness (Winsborrow et al., 2010 and references 
therein). The form drag over bedrock bumps is reduced downstream of the Recovery Lakes due 
to the presence of sediments which fill bedrock lows and reduce basal roughness. 
The Recovery Highland-lake transition is also a bedrock-sediment transition. These 
sediments provide a basal till that reduces basal shear stress. In West Antarctica, the transition 
from ice sheet flow, where the bed is strong and basal shear stress is ~100 kPa, to ice stream flow 
where ice moves rapidly under low driving stresses (Kamb, 2001) is controlled by the 
distribution of marine-based saturated sediments. It follows that ice streams can migrate either 
inland or laterally along wet sedimentary beds that lubricate ice flow (Studinger et al., 2001). 
The boundary between the Recovery Highlands and the lakes is coincident with a decrease in 
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surface slope that, without changing basal conditions, would cause a decrease in ice velocity. 
Instead, surface velocities increase (Bell et al., 2007) indicating there is likely a reduction in 
basal stress due to the presence of sediments. 
The ice overlying the Recovery Lakes creates a thick insulating layer that enhances 
pressure melting at the bed. The importance of tributary water production is demonstrated by 
Kamb Ice Stream, where stagnation of the main trunk may have been triggered by the piracy of 
water from one of the tributaries of the ice stream (Alley et al., 1997; Joughin et al., 2003 and 
references therein). The maintenance of fast flow along ice streams is dependent on basal water 
generation in the upstream tributaries and also requires a connected hydrologic system to 
redistribute that water downstream. Conditions over the Recovery Lakes onset region are 
favorable for widespread basal melt over a sedimentary substrate. The ice is thick and 
accumulation is low, allowing strong insulation and pressure melting at the base of the ice. The 
region's low surface slope reduces the hydraulic potential gradient, possibly contributing to the 
saturation of basal till or reinforcing a drainage system of linked cavities. 
We conclude that the broad onset region of the Recovery Ice Stream is defined by the 
highland-lake boundary, which is a transition from rough bedrock topography to widespread 
sediment fill in a region capable of basal melt and water storage. These conditions each serve to 
increase the ice sheet velocity. The inland tectonic boundary is a subglacial trench that reduces 
the water catchment for Lakes C and D to 1/5 of the ice catchment. The GOCE gravity field 
suggests the elevated topography of the Recovery Highlands continues north, likely creating a 
reduced catchment for Lakes A and B as well. As a result, all the Recovery Lakes are water 
starved and have long flood recurrence intervals, effectively removing them from the modern, 
active hydrologic supply chain. Catastrophic floods from the Recovery Lakes would likely last a 
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few years with a transient dynamic influence and are not required for the long term maintenance 
of fast flow. 
6. Conclusions
To determine whether the lakes are directly linked to the onset of fast flow in the 
Recovery Ice Stream, we integrated new radar, laser, magnetic and gravity data over Recovery 
Lakes C and D with InSAR velocities, a 1km DEM and MODIS imagery. We analyzed radar 
return brightness and specularity to map the distribution of basal water and determined the 
regional hydrologic budget from modeled basal melt rates. The internal layer stratigraphy was 
studied as a record of regional events. We calculated bed roughness, depth to magnetic basement, 
amplitude of residual magnetics and Bouguer gravity anomalies as they provide clues about the 
underlying geology. Observations from each dataset were combined to form our conclusion that 
the lakes are not necessary for ongoing fast flow. 
Within the Recovery Ice Stream catchment the distribution of basal water is not limited to 
the previously defined lake margins. Both Recovery Lakes C and D have very little water within 
their basins except in the deepest part of Lake C, which shows a 3.5 km wide area that is both 
bright and specular, meeting the fundamental criteria for a subglacial lake. Downstream of both 
lakes the bright bed is the result of wet sediments. The ice thickness in this area creates 
conditions favorable for basal water generation of 2-3 mm yr-1. 
 Past episodes of faster flow may be linked to the drainage of Lake D. The ice 
stratigraphy over Lake D and the areas downstream of Lakes C and D have folded internal layers 
that exhibit high frequencies and amplitudes compared to the underlying, low-relief bed.  The 
depth of the folds suggests they formed contemporaneously, no more than 21-25 kya. Flow folds 
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are not known to form in ice moving at velocities currently observed in this area,  ~10 m yr-1. We 
conclude that these flow folds are preserved from a previous episode of fast flow. The ice 
velocity near Lake D likely increased for some time after a drainage event, causing higher strain 
rates and the formation of the folds.
The integrated geophysical data provide substantial evidence of two tectonic boundaries 
within the Recovery Ice Stream catchment that influence the basal hydrology, basal conditions 
and ice sheet dynamics. The interior, eastern boundary separates the subdued topography of the 
Gamburtsev Subglacial Mountain foothills from the rugged Recovery Highlands. Although this 
boundary is ~200 km upslope of the Recovery Lakes, it has a profound influence on their 
hydrologic cycle. The boundary is a 20 km wide, >500 m deep subglacial trench that creates a 
hydraulic low. It diverts water generated in the interior to the south, and out of the Recovery Ice 
Stream catchment. As a result, Lake C requires at least 7-9 ky while Lake D requires 25-34 ky to 
refill. The second controlling tectonic boundary is between the rugged, high-standing Recovery 
Highlands and the low-lying, low-relief Recovery Lake region. This boundary is marked by a 
change in the regional bed elevation from ~200 m above sea level over the western margin of the 
Recovery Highlands to 600 m below sea level surrounding the Recovery Lakes. The low-lying 
topography is also characterized by a decrease in bed roughness, lower magnetic frequencies and 
distinct gravity lows relative to the highlands. These data indicate that while the Recovery 
Highlands are likely bedrock, the Recovery Lakes region is characterized by a sediment cover of 
1-3 km.  
We conclude that ongoing Recovery Ice Stream basal hydrology and fast flow are 
controlled by these two upstream geologic transitions rather than floods from the lakes. The 
interior boundary severely limits the water catchment of the lakes, effectively removing them 
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from the present day hydrologic system. The low stand configuration of the large lakes and their 
lack of notable volume change indicate that the downstream active lakes rely on an additional 
water source which is most likely widespread pressure melting. The highland-lake transition is 
associated with a number of changes favorable for ice flow. The combined influence of a 
topographic step, thicker ice, a smoother bed and the introduction of basal sediments creates 
additional pressure melting at the bed while reducing basal shear stress and drag. The overlying 
low surface slope allows water to collect within the underlying sediments. We conclude that the 
distribution of wet sediments establishes the broad onset region of the Recovery Ice Stream, 
creating an East Antarctic analog to the geologically controlled ice streams of the Siple Coast.
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Table 1: Interpretation of Bed Return Anomalies by Region
Corrected Brightness Specular Regions Interpretation
Gamburtsev Foothills Highly Variable Sparse ~45% wet based
Recovery Highlands  Near 0 dB or  >10 dB None Water in valleys 
Lake C 20 dB In the center Ponded water at the center
Lake D 10 dB None Wet sediments
Downstream of Lakes 15-30 dB None Wet sediments, wetter than 
Lake D
Table 2: Summary of Water Production and Supply. Input parameters for the melt rate model are 
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Figure 9: Conceptual Model of a drainage event from Lake D. surface slope is exaggerated. 1) 
Initially, ice flows over the lake in a predominantly east-west direction as dictated by the 
regional surface slope. The internal layers are preserved topography from the upstream boundary
 of the lake. 2) As the lake losses water, the ice subsides into the lake basin. Since the rheology 
of ice depends on temperature, the warmer basal layers move the most and may experience 
vertical stretching. 3) When the lake is empty, the ice is grounded but may retain some water at 
the bed due to pressure melting. The flat ice surface established by the lake persists and bed slope 
drives local flow into the lake from the sides as well as south to north along the axis of Lake D. 







Chapter 3:  
Geophysical Evidence for a Sedimentary Substrate at  
Jakobshavn Isbrae, West Greenland 
 








Jakobshavn Isbrae is Greenland's largest outlet glacier by flux and a major contributor to global 
sea level rise. The geology underlying Jakobshavn Isbrae may influence the basal conditions in 
this outlet glacier but must be inferred from limited outcrops and geophysical data. We acquired 
and analyzed new gravity and magnetic profiles across Jakobshavn Isbrae, extending from the 
mouth of the outlet fjord to 64 km inland of the 2008 grounding line. Our results provide new 
insights into the geologic underpinnings of the glacier that may influence its flow tributary 
locations and flow dynamics. The highly magnetic bedrock on the north side of the trough is 
distinct from the higher density, low magnetic intensity material on the south side. While 
Jakobshavn Isbrae is known to follow a narrow deep trough, the gravity field along the main 
trunk of the glacier cannot be attributed to the gravitational effect of topography alone. The 
gravity data require the presence of low density material along the axis of fast flow. We interpret 
the gravity signal as evidence of up to 1600 m of low density sediment beneath the main trunk of 
the glacier from the mouth of the fjord to ~49 km inland of the 2008 grounding line. Our analysis 
suggests there is a sedimentary wedge underlying the trough that may be the source of basal till. 
Such saturated basal sediments along the trough of Jakobshavn Isbrae may provide a weak 
deformable bed that supports enhanced flow velocities. In order to further our understanding of 
fast flow at Jakobshavn Isbrae, forthcoming models should consider the presence of a 





1. Introduction  
 Jakobshavn Isbrae is a dynamic outlet glacier that drains ~ 7% of the Greenland Ice Sheet 
(Rignot and Kanagaratnam, 2006) through a ~6 km wide fjord. The seismically detected 
subglacial trough underlying the main trunk of the glacier is carved into the bedrock but retains 
some sediment at the bottom (Clarke and Echelmeyer, 1996). The trough, a continuation of the 
outlet fjord, extends 70 km inland with maximum depths of just over 1500 m below sea level. 
The main trunk of the glacier corresponds to the subglacial trough where velocities are more than 
9 km/yr at the grounding line and remain over 1 km/yr as far as 43 km inland (Joughin et al., 
2008). The presently observed velocities are higher of than those observed during the 1990’s and 
were reached after the loss of a 15 km-long floating ice tongue (Csatho et al., 2008, Joughin et 
al., 2008) and a near-doubling of ice flow speeds (Joughin et al., 2004).  
 Here we present new aeromagnetic and gravity data over the Jakobshavn Isbrae area. We 
construct models of the potential field data to constrain the regional geologic setting and propose 
geologic control on the observed velocities of the glacier.  Research in the past 2 decades has 
shown the trough to be central to understanding the flow of Jakobshavn Isbrae (Clarke and 
Echelmeyer et al., 1996, Lüthi et al., 2002 and references therein). Our analysis suggests there is 
a sedimentary wedge underlying the trough that may supply fine-grained material with the 
potential to enhance basal sliding. 
 
2. Data 
2.1 Gravity Acquisition 
 Airborne geophysical surveys were flown over Jakobshavn Isbrae during June 2008 and 
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May 2010. The data used in this study are shown in Figure 1. The June 2008 flights were 
supported by the US National Science Foundation and flown in a De Havilland Company (DHC-
6) Twin Otter Aircraft at an average speed of ~60 m/s while the NASA-funded 2010 Operation 
IceBridge (OIB) lines were flown at over 160 m/s in a P-3B aircraft. Both the Twin Otter and 
OIB surveys flew a grid with ~5 km line spacing at ~1500 ft above the ice surface and collected 
gravity data using the AIRGrav system, which is owned and operated by Sanders Geophysics 
Limited. The AirGrav system uses three orthogonal accelerometers oriented relative to an 
independent three-axis inertial platform that is stabilized with a pair of two-degrees-of-freedom 
gyroscopes. Additionally, Schuler tuning controls the platform, ensuring that the gyroscopes and 
accelerometers are held to within 0.0028
o
 of local level despite motion of the airplane (Studinger 
et al., 2008). The raw, observed gravity data are corrected for motion of the airplane and survey 
elevation to determine free-air anomalies.  
 We used scalar free-air gravity values filtered at 70 seconds to analyze gravity signals 
along the Twin Otter and OIB flight lines. Over the inland portion of Jakobshavn Isbrae, the 
Twin Otter flight lines are typically 45 km long while over the fjord, the lines are 18-36 km long. 
There are 4 longer Twin Otter lines, 130 km in total length, that extend ~60 km farther north than 
the majority of the survey lines. The 60 m/s flight speed results in a gravity full-wavelength 
resolution of 4.3 km on the Twin Otter lines. The 71-105 km long OIB flight lines have a lower 
full-wavelength resolution of 11.3 km due to the faster flight velocity of the OIB P3-B aircraft. 
In total 17 unique transects perpendicular to the glacier's approximate east-west trend are used in 
this analysis: 13 inland of the grounding line and 4 across the fjord. The line prefixes (Figure 1 
and others) indicate whether the lines were flown in the Twin Otter (T) or as part of Operation 
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IceBridge (B). The line number indicates the approximate distance in kilometers from the 2008 
grounding line mapped by Csatho et al., (2008). Flight lines downstream of the grounding line 
are appended with a W to indicate they are west of the grounding line. The Twin Otter lines are 
preferentially used in our analyses due to their higher along track resolution. The OIB lines 
provide additional data coverage north of the grounding line and along the southern margin of 
the survey.  
 
2.2 Magnetic Field Acquisition 
 The Twin Otter aircraft was equipped with a wing-tip, pod-mounted Scintrex Cesium-3 
magnetometer that measured the total magnetic field at 10Hz. These data were corrected for 
aircraft motion, diurnal variations and the background magnetic field of the Earth to obtain 
regional magnetic anomalies (Figure 1C). Pitch, roll and yaw motions of the aircraft create 
spurious magnetic signals over a wide range of frequencies that can be removed after magnetic 
compensation coefficients are calculated. We used data from magnetic compensation box 
maneuvers to derive the magnetic compensation correction coefficients and removed signals due 
to aircraft motion using Pico Envirotec’s suite of software which is based on Hardwick (1984). 
Base station data for Ilulissat, Greenland (station GDH) were obtained from the Geologic Survey 
of Denmark and Greenland (GEUS). We were able to use the base station data at 1 minute 
intervals to correct for diurnal drift of the magnetic field, limiting the corrected magnetic 
anomaly grid to ~3600 m resolution. We removed the Earth’s background magnetic field using 




2.3 Radar-Derived Depths 
 The Center for the Remote Sensing of Ice Sheets (CReSIS, University of Kansas) has 
collected ice penetrating radar data over Jakobshavn Isbrae since the early 1990’s. We have used 
CReSIS's Jakobshavn Glacier Elevation Data which provides ice-bed topography on a 125m grid 
(Figure 1A , https://www.cresis.ku.edu/data/greenland). The grid incorporates radar dating from 
1997-2006 as well as ASTER satellite altimetry over exposed rock and Conductivity 
Temperature Depth (CTD) measurements obtained in the fjord by Holland et al., (2008). The 
more recent radar data over Jakobshavn Isbrae was surveyed using a system with a 2 chirp pulse 
at 150 MHz center frequency as described by Gogineni et al., (2001). Some CReSIS bed 
elevations have been validated by boreholes drilled to the bed (Lüthi et al., 2002) and seismic 
detection of the subglacial trough (Clarke and Echelmeyer, 1996).  CReSIS error estimates are 
based on cross over misfits in repeat and intersecting radar data and suggest the uncertainty of 
the CReSIS Jakobshavn Glacier Elevation Data is ~30 m (Plummer et al., 2008). 
 
2.4 Surface Elevations 
 NASA's Airborne Topographic Mapper (ATM) surface elevation data based on scanning 
laser technologies are accurate to ~10 cm (Krabill et al., 2002). The ATM system acquired data 
over the inland portion of Jakobshavn Isbrae between late June and mid-July 2008, a few weeks 
after the Twin Otter airborne gravity survey.  Over the fjord, ATM data has limited spatial 
coverage. Through a collaboration with Bea Csatho at the University of Buffalo, we obtained the 
Jakobshavn Isbrae digital elevation model created as part of the SPIRIT (Spot Polar Ice: 
Reference Images and Topographies) project. These data are obtained through stereoscopic 
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survey by the French Space Agency (CNES) and have a lateral resolution of 40 m and vertical 
accuracy of ~5 m (Korona et al., 2009). Combining high resolution surface elevations with 
depths to bedrock from CReSIS radar data, we are able to constrain ice thickness and surface 
topography in the survey area at the time the Twin Otter gravity data were acquired. 
 
3. Data Description 
3.1 Free-Air Gravity Map 
 The Jakobshavn Isbrae free-air gravity anomaly (Figure 1B) closely reflects large-scale 
topographic trends of the CReSIS bed elevation data (Figure 1A). The values are greatest in the 
interior (up to +86 mGal) and decrease to the west (to less than -100 mGal). Superimposed on 
the regional westward decrease, is a gravity low centered over the trough and fjord with a 
minimum value of -110 mGal. The trough low begins as a <10 km wide anomaly of 
approximately -30 mGal relative to the adjacent bedrock signal at 64 km inland (T64) from the 
grounding line. The trough low amplitude increases seaward. The trough low broadens to over 
20 km width near the grounding line (between T14 and T0) where it is -75mGal below the 
adjacent bedrock gravity values. Over the fjord, 25 km west of the grounding line (T25W), the 
trough-low anomaly is -60 mGal. Along the fjord, the amplitude of the trough low decreases to  
-37 mGal approximately 38 km west of the grounding line (T38W) but increases again to -60 
mGal near the fjord mouth (T49W).  
 
3.2 Magnetic Anomaly Map 
  The magnetic anomaly map shows several major features superimposed on the regional 
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magnetic value of -20 nT.  The most prominent feature in the magnetic field is a >300 nT 
anomaly that trends northeast along the northern margin of the survey area and parallels the 
northern fast flow branch of Jakobshavn Isbrae (between T14 and T0). This positive anomaly is 
15-50 km wide and is well defined from the fjord mouth to 30 km inland of the grounding line 
(T49W to T29). The magnetic high is resolved on one of the longer survey lines at 49 km inland 
(T49) which indicates it may continue to the northeast. However, the continuity and width of the 
anomaly is difficult to resolve due to limited magnetic data beginning 29 km from the grounding 
line (northeast of T29). Additionally a prominent magnetic low of -175 to -200 nT trends 
southeast across the Jakobshavn Isbrae region. Near the grounding line (T0-T14) this magnetic 
low is spatially coincident with the subglacial trough.  
 
3.3 Definition and Calculation of Gravity Residuals 
 Gravity signals are the result of topographic relief on interfaces between bodies of 
contrasting density. To isolate the component of the free-air gravity signal from the known ice-air 
and ice-rock interfaces, we forward model the gravity effect of the ice surface and bed elevation 
along each of the flight lines in Oasis Montaj. We begin with 2D GM-SYS models that constrain 
the gravity contribution due to different geometric configurations of a variety of sub-surface 
bodies. GM-SYS is a profile modeling component of Oasis Montaj that employs 2D potential 
field methods described by Talwani et al. (1959) and computational algorithms described by Won 
and Bevis (1987). Once the range of reasonable geometries that account for the gravity signal is 
narrowed, we model the gravity data in 3D using the 3D extension of Oasis Montaj which 
employs inversion algorithms based on the work of Parker (1973) and Oldenburg (1974). Gravity 
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models are used to constrain the sediment distribution, fjord depths and geologic contrasts 
surrounding Jakobshavn Isbrae. Our initial models include 2 layers of uniform density: glacial 
ice of 917 kg/m
3 
and bedrock of 2700 kg/m
3
, consistent with regionally extensive orthogneiss 
outcropping on the walls both north and south of the outlet fjord of Jakobshavn Isbrae (GEUS, 
2009). Because these 2-layer models leave many gravity observations unexplained, we construct 
additional models that incorporate other sub-surface bodies that resolve the residual anomalies. 
Our starting assumption of a 2-layer structure was used to create forward gravity models 
that only include the effects of the ice surface and ice-bed interface. Representative examples of 
these 2D models between the grounding line and 64 km inland are shown in Figure 2. The 2D 
method requires that the observations be tied to a location where the geometry is well 
constrained. Because the south side of the Jakobshavn Isbrae region does not have dense 
crevasses and is removed from major magnetic anomalies, we assume that this area is most like 
our starting model of uniform glacial ice and bedrock. We require our modeled gravity anomalies 
to match the observed values on a bedrock high on the south side of the fjord.  Each profile in 
Figure 2 shows the observed gravity anomalies (black dots) and the 2-layer forward modeled 
gravity (gray line). The misfits between the simple gravity model and the observed gravity vary 
systematically. First, the modeled gravity underestimates the amplitude of the trough low and is 
8-28 mGal higher than observations on most of the profiles from the grounding line to 54 km 
inland  (T54). Secondly, from 20 km inland of the grounding line to the eastern edge of the 
survey at 64 km inland the modeled gravity on the northern side of the Jakobshavn Isbrae trough 




3.3.1 Gravity Residual Map   
 The gravity residual map in Figure 1D shows the spatial distribution of the gravity 
residuals between the observed and forward modeled gravity. The residual gravity anomalies are 
defined by subtracting the observed free-air anomalies from the 2-layer modeled gravity 
anomalies.  This convention is opposite to the widely used Bouger anomaly where the 
gravitation effect of the topography is removed from the observed gravity field. Under the 
convention employed here, positive residuals occur where the initial forward model predicts a 
gravitational response that is too high and a low density body is necessary to match the observed 
values. Negative residuals require the addition of a relatively high density body to the model to 
increase the calculated gravity until it matches the observations.  
  Near the grounding line the trough-centered gravity residuals are between 26 - 28 mGal, 
with the maximum occurring 19 km inland (T19).  Trough residual values gradually decrease 
inland to <10 mGal.  The gravity residual map also emphasizes the contrast between the 
amplitude and sign of gravity residuals on the north and south sides of Jakobshavn Isbrae. Near 
where the models were pinned immediately south of the trough, gravity residuals are small and 
rarely have amplitudes greater than 4 mGal. However, along the southern margin of the survey, a 
well-defined 10 mGal positive gravity residual is present between 19 and 39 km inland (B19-
B39).  North of the glacier, the gravity residuals adjacent to the trough are positive (up to 36 
mGal) and are laterally continuous across the northern-most end of the OIB lines. The maximum 
amplitude of this broad high occurs 19 km east of the grounding line (T19) with amplitudes 
decreasing gradually westward toward the mouth of the fjord and more rapidly eastward, toward 
the interior of the ice sheet.  In the west where magnetics are well constrained, the positive 
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gravity residual is spatially coincident with the prominent positive magnetic anomaly.   
 
4. Constraining the Origin of Gravity Signals 
 We investigated potential sources for the residual gravity anomalies including crevasses, 
basal till, crustal thickness variations, accumulated sediments and fault gouge. These results are 
summarized in Table 1. We forward modeled the gravity signals resulting from each potential 
source and compare its amplitude and spatial distribution to the calculated residuals at 
Jakobshavn Isbrae. The reported amplitudes assume that the footprint of crevasses or till is as 
wide as the gravity resolution (minimum 4.3 km). Narrower features will have a smaller 
contribution.  
 Dense crevasse fields characterize glaciated regions with high transverse and longitudinal 
stresses. Empty crevasses will create free space within the glacier body, reduce the effective 
density of the ice sheet and contribute to negative gravity residuals. To determine the upper limit 
of gravity signals from crevasses, we calculated the gravity impact of a field of crevasses that are 
1 km deep and create 10% free space within the glacier body. The resulting gravity change is less 
than -5 mGal.  In contrast, water-filled crevasses of the same size will increase the effective 
density of the ice sheet and introduce positive gravity residuals. The gravity signature of water-
filled crevasses is less because of the smaller density contrast between water and ice.  One 
kilometer deep water filled crevasses would contribute only +0.42 mGal to the gravity residual. 
 Dense crevasses are visible on the surface of Jakobshavn Isbrae from the grounding line 
to ~30 km inland along the main trunk and the northern glacial branch. These crevasses are likely 
only ~200 m deep (Lingle et al., 1981) but often create broad surface openings. Our calculations 
82 
 
based on a 1 km deep crevasse field show that the upper limit for the gravity effect of empty 
crevasses is -5 mGal. Because the residual gravity anomaly extends beyond the densely 
crevassed lower reaches of the glacier, crevassing alone cannot account for the trough-centered 
residual pattern. The maximum -5 mGal that crevassing could contribute cannot resolve the 10 to 
28 mGal residual anomaly observed along the trough. As water-filled crevasses have a positive 
gravity signal relative to our 2-layer model, they also cannot resolve the gravity residual pattern. 
The trough-centered gravity residual is not due to the englacial gravity signal of either empty or 
water-filled crevasses.  
  Some glaciers have distributed till throughout much of their drainage basins. At Whillans 
Ice Stream, the seismically detected till is up to 5-6 m thick with a spatially variable distribution 
(Alley et al., 1987).  Outside of the Jakobshavn Isbrae trough we modeled a distributed till layer 
with variable thickness of no more than 10m over the glacier’s drainage area. This 10 m thick till 
contributes less than 1 mGal to the calculated gravity and is well below the resolution of these 
data.  
 The crustal thickness variability shown by seismic receiver functions suggests that the 
Proterozoic Greenland land mass is two crustal blocks that are sutured near Jakobshavn Isbrae. 
To the north, the Moho occurs at ~48 km depth, while to the south the Moho transition occurs at 
37-42 km (Dahl-Jensen et al., 2003). To determine if crustal signals could contribute to the 
gravity residuals we forward modeled a crustal thickness change of up to 6 km as a discrete step 
in the Moho. Despite the short wavelength of the structure, these steps create long wavelength 
signatures in the modeled gravity anomalies that are not observed in our data. The short 
wavelength of the north-side residual pattern observed in the Jakobshavn Isbrae residual map 
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(T19-T49) is indicative of the density varies within the crust. The large amplitude (i.e. greater 
than 5 mGal), short wavelength gravity residuals cannot result from variations in crustal 
thickness but must be caused by variations within the crust.  
 Possible low density bodies within the crust include fault damage zones and sedimentary 
basins. Fault damage zones are typically narrow, for example the damage zone along the San 
Andreas Fault is only 200m at 2.7 km depth (Lockner et al., 2011). In contrast, 10 km-wide 
sedimentary basins with distinct 20-25mGal gravity anomalies have been identified beneath 
Kamb and Whillans Ice Streams in West Antarctica (Studinger et al., 2001). Because sediment 
fill has a documented magnitude similar to our observed residuals, we focus on the distribution, 
origin and significance of sediment infill that could produce the Jakobshavn Isbrae gravity 
residual.  
 
5. Gravity Interpretation and Sediment Thickness Estimates 
5.1 Inland Profiles 
 Our interpretation of trough-centered positive gravity residuals as evidence of low density 
sediment underlying the radar-detected trough is consistent with seismic reflection results that 
indicate the center of the trough is compacted sediment or lodgment till while the trough 
shoulder is higher velocity bedrock (Clarke and Echelmeyer, 1996). We modified the initial 2-
layer model to include a low density body along the trough that accounts for the observed 
residual amplitude and pattern. The assumption of a uniform background density of 2700 kg/m
3
 
maximizes the density contrast between bedrock and sediment, resulting in an upper limit for our 
sediment depth prediction (Figure 5A). We also consider the possible sources of other residual 
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signal to the north of the trough because such variations in regional geology will impact 
sediment thickness estimates.  
 The trough-centered gravity residual is modeled as sediment fill with a density of 2130 
kg/m
3
 in a two-step, iterative process. First, the center-line amplitude of the gravity anomaly is 
matched by creating a wide sediment body that extends straight down from the trough walls to a 
constant depth. Next, the width of the sediment body is decreased until the widths of observed 
and calculated gravity anomalies match. Then it is often necessary to increase the depth of the 
sediment polygon. The model is accepted when the trough-centered anomaly fits to within  
1 mGal. There are two important parameters in estimating the geometry of the sediment body: its 
volume and density contrast with surrounding bedrock. These variables create a trade-off such 
that lower density contrasts require larger volumes to explain a given gravity signal. Because 
gravity data is the integrated signal due to the volume of the low density body, the body’s width 
and depth dimensions are weakly constrained. Our modeling method yields the widest, low-
density body that fits the wavelength of the observed gravity data. Secondly, there is a trade-off 
between the volume of the body and its density contrast with the bedrock. We consistently model 
a sediment density at the low end of the range (2000-2500kg/m
3
) suggested by Clarke and 
Echelmeyer (1996). Because we choose a low density, the sediments have a large density 
contrast and our solutions will represent minimum estimates of the total sediment volume. When 
sediments are incorporated into the initial 2-layer starting model, they are an estimated 4-7 km 
wide and 0.3-3 km deep (Figure 3). Despite adopting methods to limit overestimation, the simple 
models in Figure 3 produce large and unrealistic values of sediment thickness. The persistent 
residual gravity pattern suggests other anomalous bodies are present in the area and must be 
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addressed before resolving the depth of sediment at the base of the trough. 
 
5.1.1 Refining Sediment Depth Estimates 
 There are two significant possible error sources in the sediment depth estimates that 
would lead to overestimation: the presence of lower density bedrock adjacent to the trough 
(between T19 and T49) and extensive crevassing (between T0 and T29). After we quantify the 
magnitude of these effects, we model the inland gravity residual in 3D to obtain our preferred 
sediment depth estimate.  
The depth of sediment in our profile models is sensitive to the density contrast with 
materials on both sides of the trough. To develop a more realistic model we must address the 
north-side anomaly, a 10-14 mGal high immediately adjacent to the Jakobshavn Isbrae trough 
between 19 and 49 km inland (T19 to T49 in Figure 1D). We have considered 3 possible 
configurations of a low density body that could cause the north side anomaly (Figure 4A): a 
shallow source on the north side only, a shallow source across the trough (Figure 4B) and a 
source at depth (Figure 4C).  A shallow low density body at the surface on the north side reduces 
the sediment thickness estimates by 10-30% (Figure 4A).  Models using a shallow body that 
extends across the trough similarly reduce the sediment thickness estimates by 10-30% (Figure 
4B).  The final configuration models a low density body at depth under the trough between 19 
and 49 km inland (T19-T49) as shown in Figure 4C.  In this configuration, the north-side body 
begins at an arbitrary 3 km depth and is increased in thickness until the north side residual is 
resolved (full depth not shown). Any remaining gravity residual at the Jakobshavn Isbrae trough 
is modeled as sediment as described above. The sediment estimates including a body at depth are 
86 
 
up to 50% smaller than estimates from our maximum sediment model.  
 The residual gravity from the grounding line to 30 km inland will be influenced by 
crevasses (Figure 1D). While crevasses cannot explain the entire gravity residual pattern, they 
will reduce the predicted sediment depths within 30 km of the grounding line (T0-T29).  We use 
satellite photos of the region to constrain the lateral extent of dense crevasses and allow these 
features to create free space in the glacial ice as described in Table 1. The sediment estimate 
between the grounding line and 30 km inland (T0-T29) may be up to 20% smaller due to the 
presence of crevasses.    
  
5.2 Fjord Profiles 
 Although interior profiles are constrained by radar, bathymetric measurements in the 
fjord are sparse. Holland et al., (2008) collected 8 CTD measurements in the fjord that indicate 
depths of 741 to 826 m with an average depth of 785 m. Using the CReSIS elevations, the 
forward model 10 km west of the 2008 grounding line (T10W) shows a positive gravity residual 
suggesting sediment fill continues into the fjord. The additional westward fjord profiles each 
have two unknowns: depth of the fjord and sediment fill in the fjord.  
 To estimate the thickness of fjord fill sediment, we must first constrain the depth of the 
fjord.  None of the Holland et al., (2008) points are in the center of the fjord and likely 
underestimate its maximum depth. To estimate depth in the fjord, we have assumed it is roughly 
parabolic, like the interior trough (T54 to T19) and that the exposed walls are representative of 
the slope of the fjord walls below sea level. If these two assumptions are in conflict, we allow 
observed fjord wall slopes to dominate the prediction. This assumption is validated by the fjord 
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shape detected by radar 10 km west of the grounding line (T10W) where the fjord wall slope 
continues below sea level (Figure 5). The fjord fill is modeled at a constant density of  
1010 kg/m
3
 consistent with sea water. Because the floating ice in the Jakobshavn Isbrae fjord is 
in isostatic equilibrium the gravity effect of the sikkussak is negligible. Residual errors from 
elevation estimates of the fjord surface introduce minimal errors (<2 m) into the estimates of 
fjord depths. Our geometric and density assumptions result in fjord depth predictions slightly 
deeper than the CTD maximum of 826 m. The synthetic fjord profiles yield a fjord depth that is 
nearly flat with maximum depths of 851 m at 25 km west of the grounding line (T25W), 898 m 
at 38 km west (T38W) and 800 m at the fjord mouth (T49W). The predicted fjord geometry 
suggests that gravity residuals in the fjord are relatively constant, at ~14 mGal from 25 km west 
of the grounding line to the fjord mouth (T25W to T49W). We model sediments in the fjord from 
these gravity residuals as previously described for the inland profiles (Section 5.1). An example 
from the transect 25 km west of the grounding line (T25W) is shown in Figure 3 and other 
sediment thickness estimates are summarized in Section 5.4.  
 
5.3 Interpretational Uncertainty  
 The range of possible geometries for Jakobshavn Isbrae (Figure 4) illustrates that gravity 
models are non-unique. Our models manipulate three unknowns: the width, depth and density of 
the subsurface bodies. The size parameters trade-off such that the total volume of the anomalous 
body impacts the calculated gravity residuals. The residual pattern requires that the density of 
material on the north side of the trough is distinct from that on the south side. However, the 
amplitude of north-south density contrast is not well constrained. If, for example, the north side 
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anomaly were due to a body of greater depth with a smaller density contrast, the predicted 
sediment depth would be greater for the same observed trough-centered residual anomaly. Our 
sediment thickness estimates are sensitive to the modeled density contrast with bedrock on both 
sides of the fjord. Along the Jakobshavn Isbrae trough a 100 kg/m
3
 change in sediment density 
will change the predicted sediment depth by as much as 30% (i.e. 500 m on line T14). Finally, 
we began with the assumption that the trough-centered body represents sediments that are as 
wide as the gravity resolution despite the suggestion that the shoulders of the trough are 
underlain by bedrock (Clarke and Echelmeyer, 1996). If the sediment body is narrower than we 
have modeled, the depths will be significantly deeper.  
 
5.4 Sediment Thickness Along the Trough  
 Despite the uncertainties in the origin and amplitude of background density variations, we 
conclude there is a trough-centered positive gravity residual that is most reasonably resolved by 
sediment below the Jakobshavn Isbrae trough. We have used 2D models to experiment with 
different feasible geometries for the source bodies of the observed gravity signals. For each of 
our potential configurations we have assembled a sediment thickness profile along the trough 
center-line of Jakobshavn Isbrae (Figure 6A and 6B). Our preferred model is a 3D solution that 
incorporates the geometry shown in Figure 4A and a correction for lower density surface ice due 
to heavy crevassing near the grounding line (Figure 6C). The sediment thicknesses in the fjord 
are all the result of the 2D methodology described in section 5.2. In this description, we highlight 
minimum sediment thicknesses from our 3D model results and depths in the fjord from 2D 
calculations. The remaining uncertainties in our minimum sediment estimates are due to 
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uncertainty in bed topography. The +/-30 m  uncertainty in CReSIS gridded bed elevations 
produces a potential error of +/- 100 m uncertainty in the sediment thickness estimate. In the 
deeper sections of the trough, the radar error may be greater, up to +/- 100 m. In the fjord, we 
estimate our geometrically derived depths are within ~100 m of true fjord depths, and the 
sediment thickness uncertainties are +/- 300 m. 
 At the inland end of our along axis profile (T64), we predict sediments of ~300 m 
thickness that pinch out completely between 59 km and 54 km inland.  The sediments thicken to 
400 m by 49 km from the grounding line (T49). Further downstream, the sediments continue to 
thicken to 1600 m, reaching depths of 2400 m below sea level at 14 km inland (T14).  At the 
grounding line, we predict sediments are 1 km thick. In the fjord (T10W to T38W), the 
sediments are a nearly uniform depth of 2000 m, corresponding to a thickness of approximately 
1200 m. After accounting for narrowing at the mouth of the fjord, sediments here may be up to 
1900 m thick, extending to between 2700 m to 3200 m below sea level. Given our error budget 
we are confident that sediments are present in the fjord and along the trough as far as 49 -54 km 
inland of the grounding line. The robust result of our 2D geometry experiments and 3D gravity 
modeling is a >1 km thick sediment wedge along the Jakobshavn Isbrae trough that shows 
evidence of over-deepening near the current grounding line. Further inland the predicted 
sediment thickness is well within the error envelope. The sediment wedge delineated by the 
gravity analysis likely pinch out inland of 54 km from the 2008 grounding line.    
 
6. Discussion 
 Using gravity and magnetic data we have presented evidence for a thick sedimentary 
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wedge at the base of the Jakobshavn Isbrae subglacial trough. The sediment thickness is up to 
1600 m and appears to pinch out ~49-54 km upstream of the 2008 grounding line, 100 km from 
the fjord mouth. This finding is consistent with recent models that require low basal shear stress 
of 50 kPa to explain the velocity of the glacier (Thomas, 2004). Earlier analysis of seismic 
reflection coefficients suggests the center line is either fluidized or underlain by lodgment till 
and/or sediments (Clarke and Echelmeyer, 1996). Here we consider the origin of the sediment 
filled trough and discuss qualitatively the role the sediments play in the evolution of Jakobshavn 
Isbrae.  
 
6.1 Size, Origin and Geologic Setting 
 Our results require that the Jakobshavn Isbrae bedrock relief is significantly deeper than 
previously estimated. The relief across the Jakobshavn Isbrae trough near the grounding line (T0) 
is 550 m and up to 1250 m at 14 km inland (T14). With the additional depth predicted from 





W) is perhaps the best studied Greenland fjord of comparable size. The side walls are 500-
900 m high, adjacent to a fjord with water depths of ~750 m over a seismically-detected 
sediment fill of 500 m (Andrews et al., 1994). The total relief in Kangerdlussuaq is  
1750-2150 m, comparable to Jakobshavn Isbrae with our predicted sediment fill. Recently 
acquired radar shows that East Antarctic fjords have relief of up to 2200 m (Young et al., 2011).  
Our modeled relief on the Jakobshavn Isbrae trough is similar in depth both the relief in 
Kangerdlussuaq and East Antarctic fjords.  
The geophysical data presented here suggest lithologic contrasts between the northern 
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and southern sides of the Jakobshavn Isbrae catchment. Though receiver function solutions are 
sparse in Greenland, they reveal a distinct trend of thinner crust north of the glacier and thicker 
crust to the south, leading previous authors to conclude there is a geologic boundary in the 
vicinity of Jakobshavn Isbrae (Dahl-Jensen et al., 2003). The suture zone between the Rinkian 
and Nagssugtoqidian fold belts is near and possibly along the main trunk of the glacier (van Gool 
et al., 2002). Although a fault gouge cannot account for the amplitude of the gravity signals, the 
presence of a fault boundary at Jakobshavn Isbrae could contribute to the depth of the fjord by 
providing a zone of weakness that may be more easily eroded than surrounding Proterozoic 
granites. Documented faults south of Jakobshavn Isbrae are near-parallel to the long outlet fjords 
and the regional magnetic fabric, suggesting variation within the lithology may influence the 
location of the fjords (GEUS, 2009). The non-unique nature of our geophysical data prevents the 
absolute identification of a geologic boundary at Jakobshavn Isbrae. However, the geophysical 
data point to lithologic and crustal thickness contrasts between the north and south sides of the 
glacier that may be the record of a geologic boundary. 
We have presented geophysical evidence for sediment under the Jakobshavn Isbrae 
trough extending at least 49 km from the 2008 grounding line. In contrast to the West Antarctic 
Ice Streams, there is no evidence that Jakobshavn Isbrae occupies a tectonically-derived, 
sedimentary basin. Our predicted depth to the base of the sediments shows over-deepening near 
the grounding line, consistent with a glacially-modified trough. Present day bed topography 
suggests that a fluvial network may have drained central Greenland through the present day 
Jakobshavn Isbrae fjord, creating a channel precursor to the present day trough (Weidick and 
Bennike, 2007). Although set in a Proterozoic granite basement, the trough is sediment filled, 
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likely the result of reworking and deposition of glacial material over the past 2.7 MY as the 
Greenland ice sheet waxed and waned.  The trough-fill material may include reworked fluvial 
deposits, glacially eroded/reworked sediments, glacial lake infill and marine sediments.   
 
6.2 Possible Dynamic Influence 
The potential dynamic significance of sediments under Jakobshavn Isbrae may best be 
demonstrated by Antarctic Ice Streams. The presence of sediments that reduce basal shear stress 
to as little as 3-8 kPa (Alley et al., 1987) has been associated with the onset of fast flow both in 
the Ross ice streams (Anadakrishnan et al., 1998; Bell et al., 1998; Studinger et al., 2001) and 
Slessor Glacier (Bamber et al., 2006). The discovery of 3cm thick deforming layer at Whillans 
Ice Stream (Englehardt and Kamb, 1998) demonstrates that deformable basal material, even in 
thin layers, can contribute to slip and increase the velocity of a glacier from the onset of fast flow 
to the grounding line. 
Based on direct observations collected between 1986-9, many studies (Iken et al., 1993; 
Funk et al., 1994; Lüthi et al., 2002) have addressed the mechanism(s) of fast flow along the 
main trunk and near the grounding line of Jakobshavn Isbrae. Generally, the velocity of the 
glacier has been attributed to its steep surface topography and the trough geometry which 
produces excess shear heating in the highly deformable Ice Age ice, contributing to warm 
englacial temperatures (Iken et al., 1993; Funk et al., 1994). Borehole measurements show basal 
slip may generate 10-40% of the total velocity along the main trunk of the glacier (Iken et al., 
1993; Funk et al., 1994) and as much as 60% along the shear margins (Lüthi et al., 2002; Truffer 
and Echelmeyer, 2003). Since these calculations were made, the glacier has lost its floating ice 
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tongue and the flow velocity of Jakobshavn Isbrae has nearly doubled (Joughin et al., 2004; 
Joughin et al., 2008). Present velocities may be sustained by a larger contribution of basal 
motion. A recent model of the glacier's response to the loss of its buttressing ice tongue 
characterizes the bed as weak, shearing above 50 kPa (Thomas, 2004). Our finding of a sediment 
wedge at the base of the main trunk supports the presence of a weak, deforming bed that has a 
dynamic influence. While the presence of sediments is not, in itself, sufficient evidence of 
significant soft bed sliding, the role of a very weak bed (3-8 kPa) should be considered in futures 
analyses of fast flow mechanisms of Jakobshavn Isbrae.  
 
7. Conclusions  
 New aeromagnetic and gravity data over Jakobshavn Isbrae suggest the north and south 
sides of the fjord are geologically distinct. The northern branch of Jakobshavn Isbrae is parallel 
to the edge of a magnetic high of more than 300 nT and may be spatially fixed by local geology.  
The main trunk of the glacier is characterized by a positive gravity residual, indicating low 
density material exists within the trough. We interpret this signal as evidence of a sediment 
wedge of up to 1600 m thickness that reaches ~49 km inland of the grounding line. The 
sediments fill a glacially modified over-deepening that has filled in response to fluctuations of 
the Greenland Ice Sheet since 2.7 MA.  The overdeepening is similar in relief and depth to other 
fjords in East Greenland and East Antarctica.  In West Antarctica high ice velocity under low 
driving stress is the result of the presence of a thin layer of deformable till beneath the ice 
streams. Though driving stresses on Jakobshavn Isbrae are higher, its basal slip may similarly be 
facilitated by a soft bed. As new models of this dynamic system are developed, they should 
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Comments on Source 
Ice Surface Elevation 
Error 
0.4 mGal < .04 mGal 




0.8 mGal 2.2 mGal 




1.1 mGal 0.6 mGal 
5 m uncertainty of SPOT 
elevations along the fjord. 
Distributed Till (i.e. 






Maximum 10 m thick 
distributed till. Densities as in 
Figure 2. 
Crevasse- Empty 0.4 mGal -3.8 mGal 
 
Modeled crevasse field creates 
50% free space to a depth of 
200 m. 
Crevasse- Water filled .04 mGal +0.4 mGal 








2 km step in the crustal 





Table 1: Other Gravity Signals in Glaciated Regions. Maximum amplitudes are for Jakobshavn 
Isbrae specifically based on assumptions described in the comments column.  
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Figure 1) Jakobshavn Isbrae regional maps. Profiles are named for flight type (B or T) and by 
approximate distance from the 2008 grounding line. Triangles indicate locations of Joughin 
et al., (2008) velocity observations along the main trunk and northern branch of the glacier.  
X's show the locations of fjord depth from CTD by Holland et al., (2008). The 2008 grounding 
line is stippled. A) CReSIS's Jakobshavn Glacier Elevation Data grid, bed elevations derived 
from ice penetrating radar. B) Free Air Gravity Anomalies. C) Aeromagnetic anomalies gridded 
at 3600 m. D) Gravity Residual Profiles from NASA's Operation IceBridge (B) and the Twin 
Otter based (T) airborne surveys are shown. The region of dense crevassing as identified from 
LANDSAT imagery is surrounded by a dashed line.
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Figure 2) Inland Profiles across Jakobshavn Isbrae. Observed (dotted line) and forward 
modeled (grey line) anomalies are shown on the left. The forward modeled gravity assumes 
a uniform 2-layer model. Densities are indicated in g/cm3. The north-side of the trough 
shows a positive gravity residual on T34, T44 and T64. Horizontal offset of the models is 
intentional and reflects the geographic position of the survey lines.
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Figure 3) Prediction of maximum sediment thickness. Profiles show gravity residuals for 
inland profiles from Figure 2 and one additional fjord profile (T25W). Sediment is thickest 
between 19 km and 14 km (T14) from the grounding line. Thickness at the grounding 
line (T0) is ~1 km, comparable to the 1200m predicted in the fjord. 
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Figure 4) Some potential geometries for geologic bodies at Jakobshavn Isbrae. The north 
side has a positive gravity residual which could be resolved by A) a low-density body only 
on the north side of the trough B) a low-density body that is cut by the trough or C) a 






















Figure 5) Fjord gravity observations, predicted fjord depths and gravity residuals. Densities 
are indicated in g/cm3. Fjord depth is estimated using slope on the fjord side walls and the 
nearest Holland et al., (2008) CTD depths where indicated by an X. The profile of T10W 
supports the use of this approach.  The slope of the side walls is shown in dashed lines and 
projected to the fjord edges to illustrate the fjord geometry we would predict along that line. 
Estimated gravity residuals for each profile are shown on the right. 
Figure 6) Down Axis Profiles of Jakobshavn Isbrae showing the range of predicted sediment 
thicknesses from various geometries in Fig. 4 and a 3D model with the geometry shown in 
Fig. 4A. The map trace of these profiles is shown in Figure 1. The ice and fjord fill are shown 
in blue, the potential range of sediment thickness is grey and bedrock is a dark gray.  Sediment 
curves are Akima interpolated with control points as marked with small crosses. The horizontal 
scale at the top shows the locations and names of control lines. Also shown along the top axis
 are a blue bar indicating where crevasses may be important and a gray bar where there is a 
north-side anomaly. The sediment-filled trough is over-deepened at the grounding line 
(asterisks).
A) The sediment depth predicted by incorporating sediment into the simple 2-layer 
model (shown in Figure 3). 
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Figure 6) Continued. 
C) A model that incorporates 3D calculations on the inland portion of the glacier and 2D models 
in the fjord. The fjord depth is likely shallower as shown by the dashed line. 
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